
1.  Introduction
Although carbon dioxide (CO2) is one of the most important greenhouse gases, our knowledge of its atmospheric 
concentration beyond the 800 ka covered by ice cores (Bereiter et al., 2015) is highly uncertain (Figure 1a). Data 
obtained from blue ice in the Allan Hills, Antarctica, provide three snapshots of CO2 with values between 200 
and 280 ppm at roughly 1.0, 1.5, and 2.0 Ma (Yan et al., 2019). In comparison, reconstructions based on marine 
proxies (δ 11B (Bartoli et al., 2011; Chalk et al., 2017; de la Vega et al., 2020; Dyez et al., 2018; Foster, 2008; 
Guillermic et al., 2022; Henehan et al., 2013; Hönisch et al., 2009; Martínez-Botí et al., 2015; Seki et al., 2010), 
alkenones (Badger et al., 2013, 2019; Seki et al., 2010; Zhang et al., 2013)), paleosol (Da et al., 2019) or leaf wax 
δ 13C (Yamamoto et al., 2022) are temporally higher resolved and span a wide range of possible Plio-Pleistocene 
CO2 histories, from concentrations of approximately 180 ppm typical for late Pleistocene glacials to in general 
up to 500 ppm in the Pliocene, with some exceptions showing up to 600 ppm. Thus, it is still unclear what role 
changes in CO2 radiative forcing played during major climate transitions of the last 5 Ma, for example, the initi-
ation of northern hemisphere glaciation (e.g., Raymo, 1994) or the intensification of glacial/interglacial (G/IG) 
amplitudes and the change in the periodicity of interglacial periods across the so-called Mid-Pleistocene Transi-
tion (Berends et al., 2021; Köhler & van de Wal, 2020). Furthermore, mid-Pliocene climate (∼3.3–3.0 Myr BP) 
is typically considered as an analog to evaluate the sensitivity of the climate to future CO2 concentrations, which 
is only of limited value if the chosen atmospheric CO2 concentration during Earth system model experiments is 
only weakly supported by data (Haywood et al., 2016).

One of the most prominent CO2 proxies is based on boron isotopes measured in planktic foraminifera. It has been 
posited (Dyez et al., 2018) that the resulting atmospheric CO2 concentration is partly species-specific; for exam-
ple, reconstructions based on T. sacculier are different from those based on G. ruber. Other comparative studies 
have also identified a constant offset between different measurement techniques (Farmer et  al.,  2016; Foster 
et al., 2013; Hönisch et al., 2019a). For a comprehensive understanding of these differences, and for a better 
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understanding of this proxy, one needs to be aware that the measured δ 11B data are transferred into pH using 
species- and technique-specific proxy calibrations. Thus, δ 11B applied as a pH proxy contains also difficulties 
which come along with proxies in general, such as clay contamination, diagenesis, updates in calibration methods, 
or offsets between laboratory and natural measurements (e.g., Hönisch et al., 2019a, 2019b). A second variable 
of the marine carbonate system is necessary for the estimation of the CO2 partial pressure. The applied methods 
include the approximation of total alkalinity (TA), some times based on salinity under the assumption that the 
globally integrated TA in the ocean remained constant in the past. Alternatively, several long-term trends in TA 

Figure 1.  Climate reconstructions over the past 5 Ma. (a) Atmospheric CO2 concentration and (b) surface water pH 
reconstructed from δ 11B, distinguished by species, method and ocean basin (Atlantic: open symbols; Pacific: filled symbols). 
Based on Atlantic cores as compiled in Dyez et al. (2018) with updates from de la Vega et al. (2020) and Pacific core as in 
Guillermic et al. (2022); In (a) additionally data from ice cores (Bereiter et al., 2015), blue ice (Yan et al., 2019) and leaf 
wax δ 13C (Yamamoto et al., 2022) are plotted. (c) Global temperature changes: ΔTg1 is taken from (Köhler et al., 2015b) 
and represents a global mean surface temperature (GMST), alternative data from Stap et al. (2018a) (GMST; global mean 
sea surface temperature) are taken; (d) Sea level (de Boer et al., 2014). Error bars show 1σ uncertainties.
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based on various other studies have been tested in Guillermic et al. (2022), while de la Vega et al. (2020) used 
dissolved inorganic carbon (DIC) as reconstructed out of other marine data (Sosdian, Greenop, et al., 2018) as the 
second variable of the marine carbonate system. Furthermore, as this approach only reconstructs the changes in 
the carbonate chemistry of the surface ocean, it is necessary that the sediment cores from where planktic species 
are extracted are located in areas wherein the CO2 partial pressure of the surface ocean and the atmosphere are in 
(or near) equilibration or where at least its difference is rather constant over time. Most relevant data published 
for the Plio-Pleistocene was compiled in one overview (Dyez et al., 2018) and were obtained from two marine 
sediment cores (Ocean Drilling Program (ODP) sites 668 or 999) in the equatorial Atlantic. Another recent study 
(Guillermic et al., 2022) uses material from ODP 806 and 807 in the equatorial Pacific. This near-equilibrium 
condition is fulfilled for the equatorial regions in both ocean basins for a preindustrial (PI) climate. During proxy 
interpretation, it is now generally assumed that the surface ocean-atmosphere equilibrium remained unchanged.

In this study, I use the global carbon cycle model BICYCLE-SE (Köhler & Munhoven, 2020b) and analyze tran-
sient simulation results across the Plio-Pleistocene and compare these results to CO2 reconstructions based on 
δ 11B from planktic foraminifera. In-depth rationale for applied late Pleistocene forcing and an analysis of G/IG 
changes in the carbon cycle can be found in earlier papers (Köhler & Munhoven, 2020b; Köhler et al., 2005, 2010). 
The main philosophy of the approach can be condensed in what others (e.g., Brovkin et al., 2007) call the CO2 
stew: since there is not a single plausible process that can be made responsible for the observed changes one needs 
to consider a variety of processes, for which evidence of their changes over time exist and implement them in a 
model including physical boundary conditions (ocean circulation, temperature, sea level, sea ice), biogeochemis-
try (carbonate compensation, marine carbon pumps, land carbon storage), and additionally, since the last model 
extension, solid Earth processes (volcanic CO2 outgassing, weathering, shallow water CaCO3 sink via coral 
reefs). The model simulates the full marine carbonate chemistry, including the carbon isotopes, and contains in 
its newest version a process-based sediment module. Thus, the plausibility of typical assumptions made during 
proxy-based CO2 reconstructions can be checked within a carbon cycle modeling framework.

2.  Methods
2.1.  The Global Carbon Cycle Model BICYCLE-SE

In this study BICYCLE, a box model of the global carbon cycle (Köhler & Munhoven, 2020b; Köhler et al., 2010) 
is used. BICYCLE consists of ten ocean boxes, one global averaged atmosphere, and a terrestrial biosphere 
that distinguishes C3 or C4 photosynthesis in grasses and trees, and soil carbon with different turnover times. 
The terrestrial carbon content varies as a consequence of CO2 fertilization and temperature-dependent respi-
ration (Köhler & Fischer, 2004). In the ocean, the marine carbonate system is explicitly calculated (Zeebe & 
Wolf-Gladrow, 2001), tracing DIC and TA, from which as functions of temperature, salinity, and pressure, the 
other variables of the marine carbonate system (dissolved CO2, 𝐴𝐴 HCO

−

3
 , 𝐴𝐴 CO

2−

3
 , pH) were calculated by using the 

dissociation constants pK1 and pK2 of Mojica Prieto and Millero (2002). Marine export production is a func-
tion of macro nutrients at the surface ocean, which is for PI climate restricted to 10 PgC/yr, corresponding to 
results of more complex ocean general circulation models (e.g., Schlitzer, 2000). This leads to unused nutrients, 
particularly in the Southern Ocean, which could be used for primary production if prescribed iron fluxes indicate 
that iron is no longer a limited micronutrient. All temporal changes in climate (e.g., temperature, salinity, ocean 
circulation, and sea ice) are prescribed externally. Recently, solid Earth processes (process-based sediments for 
exchange fluxes of CaCO3 between the deep ocean and the ocean sediments, volcanic CO2 outgassing, silicate 
and carbonate weathering as riverine inputs of bicarbonate, and coral reefs as another shallow water sink of 
CaCO3) have been implemented in BICYCLE, version SE (Köhler & Munhoven, 2020b), which is the version 
used here (Figure S1 in Supporting Information S1). Both weathering fluxes bring alkalinity and carbon into the 
ocean at a ratio of 1:1, but while all carbon comes from atmospheric CO2 in silicate weathering, during carbonate 
weathering its sources are 50% each in atmospheric CO2 and carbonate rock.

For the transient application of the model over the last 5 Ma, BICYCLE-SE is forced using changing climatic 
boundary conditions derived from published time series. I use sea level (Figure  1d) as obtained from the 
model-based deconvolution of the global mean benthic δ 18O stack LR04 (de Boer et  al.,  2014; Lisiecki & 
Raymo, 2005). Ocean salinity changes as a function of sea level (Figure S2a in Supporting Information S1). Two 
alternative approaches are followed for the forced temperature changes, which roughly bracket existing published 
estimates. First, the global mean surface temperature (GMST) obtained as ΔTg1 in Köhler et al. (2015b), which 
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is a follow-up and based on de Boer et al. (2014), is used. Second, simulated temperature time series from the 
scenario OIC, in which changes in orbital forcing (O), ice sheets (I) and CO2 (C) were prescribed, performed 
with the CLIMBER model as published in Stap et al. (2018a) are taken. Here, not only GMST, but also global 
mean and regional sea surface temperature (SST) values (south of 40°S; 40°S–40°N; north of 40°N) have been 
extracted from the simulation results. The temperature time series of both approaches agree in their general 
form since they both use, in different ways, information from the LR04 δ 18O. However, they differ in their G/
IG amplitudes with generally larger amplitudes in the approach of Köhler et al. (2015b) than in the one using 
Stap et  al.  (2018a), for example, at Last Glacial Maximum (LGM) the change in GMST is either −5.7 K or 
−4.1 K, respectively (Figure 1c). When using GMST from Köhler et al. (2015b) this time series is applied to 
all boxes (surface and deep ocean, land vegetation), while when using data from Stap et al. (2018a) GMST is 
applied on the land carbon cycle, regional SST to the surface boxes and mean ocean SST to the deep ocean, the 
latter based on the evidence that mean ocean temperature (Haeberli et al., 2021) and global mean SST (Tierney 
et al., 2020) during the LGM have both been reconstructed to be around −3 K. I acknowledge that temperature 
time series used here are potentially different from other reconstructions (e.g., the CLIMBER model output of 
Stap et al. (2018a) finds a mean SST at LGM of only −2 K), but continue with them nevertheless since they are 
published and follow from assumptions outlined in the relevant papers. Thus, using two different approaches 
here (Köhler et al., 2015b; Stap et al., 2018a) should illustrate how a detailed knowledge of temperature change 
influences the simulated global carbon cycle. A more  in-depth discussion of the consequences of alternative 
temperature and sea level forcing for the global carbon cycle, that agree more closely with independent data is 
planned in future work based on a not yet published SST compilation across the last 4.5 Ma (Clark et al., 2021).

Based on LGM and PI reconstructions (Cavalieri et al., 1997; Gersonde et al., 2005; Sarnthein et al., 2003), sea ice 
was linearly interpolated as a function of local SST (Figure S2e in Supporting Information S1). Using the same 
relationship for a warmer-than-PI climate might be a bold simplification, but for the simulated carbon cycle in the 
model, it is rather unimportant, because it primarily influences atmospheric CO2 if the high-latitude ocean boxes 
are largely covered by sea ice (see Köhler & Fischer, 2006, for details). North Atlantic Deep Water (NADW) 
formation and subsequent Atlantic meridional overturning circulation (AMOC) were assumed to follow either an 
interglacial or glacial mode with 16 or 10 Sv for NADW formation, respectively. These values were for PI (inter-
glacial) climate constrained from the World Ocean Circulation Experiment data (Ganachaud & Wunsch, 2000) 
and were for the glacial model based on various modeling studies (e.g., Meissner et al., 2003). The switch between 
both states was related to the NH high-latitude SST (Figure S2b in Supporting Information S1). Again, this is 
largely simplified; however, simulations with more complex models of the Mid-Pliocene AMOC are inconclusive 
but suggest only slightly larger overturning during Mid-Pliocene interglacials than during PI (Zhang et al., 2021). 
Southern Ocean vertical mixing is traditionally used in the BICYCLE model as a function of SH high-latitude 
SST (Figure S2c in Supporting Information S1). Again, as this has been parameterized to distinguish glacial 
from interglacial states in the late Pleistocene, this exchange is restricted to its values prescribed for PI and LGM 
conditions to vary between 29 and 9 Sv. Iron input (Fe mass accumulation rate (MAR)) from ODP 1090 covering 
the last 4 Myr (Martinez-Garcia et al., 2011) was used to prescribe changes in marine export production in the 
Southern Ocean. Here, as done in previous applications of the BICYCLE model, the value of Fe MAR at 18 ka 
BP, the time when CO2 starts to rise during Termination I, was used to mark the threshold when the system 
switched from an iron-unlimited regime in which all macro nutrients were used by biological productivity, to an 
iron-limited regime in which the global export production was restricted to its strength during PI (Figure S2d in 
Supporting Information S1). Since Fe MAR at the start of the time series is well below this threshold starting its 
consideration only at 4 Ma does no lead to abrupt changes in the simulations. Furthermore, as described in more 
details below, results before 4 Ma are less reliable being considered an evolving spin-up.

In addition to the change in the applied forcing time series, the model had to be adapted in one specific aspect: 
based on a comparison of LGM and PI (Börker et al., 2020) the weathering fluxes were kept constant over time 
in version SE used in Köhler and Munhoven (2020a). However, applying the forcing (Figure S2 in Supporting 
Information S1), this would lead to unrealistic low CO2 values for the late Pleistocene, the time period for which 
ice core data provide good constraints. I therefore updated the model by using two different realizations of weath-
ering fluxes W being a function of CO2, following

𝑊𝑊 = 𝑊𝑊0

(

CO2

CO2,0

)𝑛𝑛𝑋𝑋

,� (1)
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with either nX = 0.075 for both silicate and carbonate weathering. or nSi = 0.2 and nCa = 0.4 for silicate and 
carbonate weathering, respectively. Here, W0 and CO2,0 are the PI flux rate and CO2 concentration, respectively. 
The first realization is called a weak, the second realization a strong weathering approach. They are labeled SE+ 
and SE++, respectively. In the original version of SE, in which weathering is independent from CO2, n was set 
to 0. Equation 1 was taken, including the parameterization for strong weathering, from Zeebe (2012), but has 
been used before (e.g., Berner et al., 1983). It has been found that runoff and temperature are the most important 
climate variables which determine the strength of weathering fluxes (Hartmann et al., 2009, 2014). Equation 1 
condenses this finding into a dependency of CO2 to be easily applicable in simple models. The chosen values for 
n in weak weathering were obtained from the simulation results to fit the late Pleistocene ice core CO2 without 
assuming any changes in volcanic CO2 outgassing over time. In its strong form, the weathering feedback had 
been compared, and agreed well with results based on the interpretation of typically weathering proxies, such as 
the isotopes of Sr, Li, Os, over the Cenozoic (Caves et al., 2016). Furthermore, the strong weathering feedback 
has already been applied to long-term future emission scenarios calculated with BICYCLE-SE (Köhler, 2020).

2.2.  Scenarios

In the initial setup (scenario SE+0) BICYCLE-SE is run with weak CO2-dependency of weathering fluxes. 
Further refinement are performed as follows: First (scenario SE+1), the impact of the gradual long-term trend in 
mean ocean Mg and Ca concentrations on the marine carbonate system was considered. Concentrations in Mg 
and Ca of 48 mmol/kg and 11 mmol/kg respectively at 5 Ma are assumed, which gradually and linearly changed 
toward their present-day values (Mg: 52.8 mmol/kg; Ca: 10.3 mmol/kg) (Zeebe & Tyrrell, 2019). The corrections 
of the marine carbonate system caused by changes in Mg and Ca were calculated using the MyAMI model (Hain, 
Sigman, et al., 2018; Hain et al., 2015), leading to a nearly 10 ppm long-term decrease in CO2 over time (Figure 
S3b in Supporting Information S1). Recently, it has been suggested that the mean ocean Ca concentration might 
be as high as 13 mmol/kg at 5 Ma (Zhou et al., 2021). Such changes implemented in the model would contribute 
to 20 ppm decline in CO2 between 4.8 Ma and 3 Ma (scenario SE+4, Figure S3b in Supporting Information S1). 
However, this would also change the Mg/Ca ratio at 5 Ma to 3.7, a value that is not completely impossible, but 
according to reconstructions rather unlikely (Evans et al., 2016). I therefore kept changes in Ca between 11 mmol/
kg and 10.3 mmol/kg.

Second (scenario SE+2), it was realized in the previous scenarios that simulated G/IG amplitudes not only of 
CO2 but also of mean ocean δ 13C are considerably smaller before than after the Mid Pleistocene Transition, while 
existing δ 13C data (Lisiecki, 2014; Poore et al., 2006) do not provide indications for such strong changes (Figure 
S4 in Supporting Information S1). Such a model/data disagreement in δ 13C has also been observed in previous 
simulations covering the last 2 Ma (Köhler & Bintanja, 2008) and has led to the Southern Ocean Decoupling 
Hypothesis, which suggested that before the Mid Pleistocene Transition, the Southern Ocean deep-ocean circu-
lation was not directly related to sea surface temperature. Here, a different approach is followed. Alternatively 
in scenario SE+2 the Southern Ocean vertical mixing flux is calculated as a function of sea level (Figure 1d). 
Further evidence for such a revision of the forcing comes from studies that show that water density, which is 
important for vertical water mass changes, depends more on the salinity of the Southern Ocean than on tempera-
ture (Knorr et al., 2021; Terhaar et al., 2021). Here, the extrapolation of the Southern Ocean mixing term beyond 
the values chosen for PI and LGM were avoided, implying that sea level lower than LGM (and higher than PI) has 
no further impacts (Figure S2c in Supporting Information S1). This approach has only a small impact on CO2 G/
IG amplitudes found here (see SE+0 vs. SE+3 in Figure S3a in Supporting Information S1) but is potentially of 
interest in future runs with alternative forcing in which G/IG amplitudes in sea level and temperature vary differ-
ently across the Mid Pleistocene Transition (Clark et al., 2021). Furthermore, using sea level to force Southern 
Ocean vertical mixing makes this flux independent from the two different temperature approaches. The mean 
ocean δ 13C G/IG amplitudes are also only little affected (Figure S4 in Supporting Information S1).

Third (scenario SE+3), it was found that in the early part of the simulation window, when the sea level was 
primarily above the PI levels, the simulated mean ocean δ 13C was consistently higher than the reconstructions 
(Figure S4c in Supporting Information  S1). It was found that the CaCO3 accumulation in coral reefs, which 
was realized with an isotopic fractionation of −2‰ with respect to δ 13C of DIC in the surface ocean (Felis 
et al., 2022; Linsley et al., 2019), was primarily responsible for this offset. In scenario SE+3, this δ 13C mismatch 
was improved by restricting coral reef growth for higher than present day sea level to half its otherwise possible 
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value. This adjustment reduced the long-term CaCO3 sink in corals before 3 Ma by more than 1 Tmol/yr (see 
magenta lines for SE+0 vs. SE++V6 in Figure S5b and S5c in Supporting Information S1). This final correction 
in coral reef growth implemented in SE+3 (and various other scenarios such as SE++V6) reduced CO2 before 
3 Ma and roughly compensated for the effects of Mg and Ca changes over time introduced in SE+1 (Figure S3b 
in Supporting Information S1). I acknowledge that after ∼2.7 Ma simulated mean ocean δ 13C in most scenarios 
slightly increases over time, while the data compilation shows the opposite (Figures S4c–S4e in Supporting 
Information S1). Here, I try not to further reduce this data/model offset in mean ocean δ 13C. This is postponed 
to future studies, since first results based on sea level and temperature time series of Clark et al. (2021) indicate 
a solution to this problem. Here, mainly large G/IG amplitudes in sea level as early as 2.5 Ma in this alternative 
forcing lead to differences in coral reef growth having due to the assumed isotopic fractionation during CaCO3 
formation a direct effect on δ 13C in the simulated marine carbon cycle.

With these three adjustments all included in SE+3, this scenario can be considered as the standard run, which 
contained all implemented solid Earth processes including G/IG changes (but no long-term trend) in volcanic 
CO2 and a weak weathering strength. However, owing to the lingering uncertainty in the knowledge of these two 
processes, a few more scenarios were added in which they were modified slightly. For example, Willeit et al. (2019) 
argued for a 20% decrease in volcanic CO2 release between 3 Ma and 1 Ma. Volcanic CO2 release gradually 
decreased between 4.5 and 1 Ma by up to 18% in either setup with weak or strong weathering strength, adding 
six more scenarios. Simulated CO2 covered roughly the range of values found in the proxy-based reconstructions, 
including values larger than 500 ppm at approximately 3.5 Ma (Figure S3a in Supporting Information S1).

An overview of all the simulated scenarios is presented in Table 1. In the standard case temperature forcing 
follows Köhler et al. (2015b), while scenarios in which temperatures are based on Stap et al. (2018a) are marked 
in their label with an “S” at the end, for example, SE+V3 and SE+V3S, respectively. Because of the long-term 
effects of different weathering/volcanic emissions scenarios, all simulation results before 4 Ma are considered as 
a type of evolving spin-up, and I only discuss results later than this point in time. In most figures, a vertical line 
at 4 Ma clearly marks the end of this spin-up period.

The long-term (400  ka-running mean) contributions of the different non-solid Earth processes (changes in 
temperature, sea level, sea ice, NADW, Southern Ocean vertical mixing, iron fertilization of the Southern Ocean, 
terrestrial carbon storage) to changes in simulated atmospheric CO2 are briefly analyzed for the standard scenario 
SE+3 (Figure S6 in Supporting Information S1). The dominant CO2 decrease over the last 5 Ma of about 35 ppm 
is caused by temperature change, while I obtain roughly half of that number if the temperature forcing from Stap 
et al. (2018a) is applied. Terrestrial carbon, sea level and sea ice lead to little changes, while Southern Ocean 
processes and large scale ocean circulation changes connected with the NADW contribute to a reduction of up 
to 15 ppm.

Table 1 
Simulation Scenarios Investigated Here

Acronym Description

SE+0 Solid Earth version with weak CO2-dependency of weathering fluxes

SE+1 As SE+0, but impact of time-dependent change in Mg and Ca on carbonate chemistry considered with 
Ca = 11 mmol/kg and Mg = 48 mmol/kg at 5 Ma

SE+2 As SE+1, but Southern Ocean vertical mixing is now a function of sea level (and not of SST as before)

SE+3 As SE+2, but coral growth for sea level >0 revised

SE+4 As SE+3, but with Ca = 13 mmol/kg at 5 Ma (Zhou et al., 2021)

SE+V2 As SE+3, but with 2% long-term decline in volcanic CO2 outgassing between 4.5 and 1.0 Ma

SE+V4 As SE+3, but with 4% long-term decline in volcanic CO2 outgassing between 4.5 and 1.0 Ma

SE+V6 As SE+3, but with 6% long-term decline in volcanic CO2 outgassing between 4.5 and 1.0 Ma

SE++V6 As SE+V6, but with strong CO2-dependency of weathering fluxes

SE++V12 As SE++V6, but with 12% long-term decline in volcanic CO2 outgassing between 4.5 and 1.0 Ma

SE++V18 As SE++V6, but with 18% long-term decline in volcanic CO2 outgassing between 4.5 and 1.0 Ma

Note. In the standard setup the temperature forcing of is used. For various additional simulations the alternative temperature forcing (Stap et al., 2018a) is applied, which 
is marked in figures and discussions by the extension of acronym by “S,” for example, SE+3S instead of SE+3.
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3.  Results
Before analyzing the situation of the carbon cycle in the surface equatorial regions, the areas in which the sedi-
ment cores were retrieved from which all the δ 11B-based CO2 reconstructions considered here were obtained, 
and provide further model-based insights, I examine long-term model performance by investigating deep ocean 
changes in the carbon cycle. The main findings of the whole study, including judgments on robustness and inde-
pendent support, are summarized in Table 2.

3.1.  Long-Term Deep Ocean Carbon Cycle

The general G/IG marine carbon cycle dynamics of the model included variations in the calcite saturation hori-
zons (CSH) in the order of 1 km and deep ocean 𝐴𝐴 CO

2−

3
 anomalies of 10–20 μmol/kg, and their comparison with 

reconstructions has been discussed previously (Köhler & Munhoven,  2020b). The simplistic structure of the 
model allows to resolve the effect of depth-dependent solubility on CSH, and 𝐴𝐴 CO

2−

3
 concentrations were constant 

at depths below 1,000 m.

The long-term trends of CSH, 𝐴𝐴 CO
2−

3
 and the marine carbon cycle are summarized for selected scenarios in 

Figure 2. The G/IG amplitudes in both variables were smaller earlier in the simulation than in the later part of the 
simulated Pleistocene. A North Atlantic stack in 𝐴𝐴 CO

2−

3
 saturation (Sosdian, Rosenthal, & Toggweiler, 2018) from 

core sites below 2 km water depth located between 40 and 50°N, however, seems to be more comparable with 
the simulated 𝐴𝐴 CO

2−

3
 in the surface Atlantic (Figure 2a) with G/IG amplitudes of up to 50 μmol/kg. Furthermore, 

the Atlantic data contain a long-term trend of 20 μmol/kg over the last 1.5 Ma, which is the opposite of what the 
results showed and also of what would be expected from multi-million-years changes in the carbonate chemistry 
(Zeebe & Tyrrell, 2019). This suggests that the composite in Sosdian, Rosenthal, and Toggweiler (2018) might 
not record Atlantic-wide changes in 𝐴𝐴 CO

2−

3
 in deep waters. Chalk et al. (2019) who analyzed 𝐴𝐴 CO

2−

3
 over the last 

130  ka from similar locations, found that depending on Atlantic Ocean circulation regime the core sites are 
bathed in different water masses. Such water mass dependency is not contained in my box model results which 
complicates this data/model comparison further. Interestingly, a 500-ka long reconstruction of 𝐴𝐴 CO

2−

3
 saturation 

in the deep Pacific (Kerr et al., 2017) had G/IG amplitudes of 10–20 μmol/kg, which is in reasonable agreement 
with the deep Pacific simulation results (Figure 2b). Thus, whereas the absolute values of simulated CSH and 

𝐴𝐴 CO
2−

3
 might be questionable, the changes in both variables on G/IG timescale are in reasonable agreement with 

reconstructions (Chalk et al., 2019; Kerr et al., 2017; Sosdian, Rosenthal, & Toggweiler, 2018; Yu et al., 2013). 
This implies that process-based CaCO3 accumulation and dissolution in the sediments in the setup is meaning-
fully represented.

Table 2 
Overview on Main Findings and an Estimate of Their Robustness and How They Are Supported by Other Studies

Finding Description Robustness

Glacial bias Disequilibrium of pCO2 between equatorial waters and atmosphere 
during glacial times, caused by polar processes being partly 
responsible for glacial CO2 drawdown (see also Bouttes 
et al., 2011; Menviel et al., 2017).

More likely than not, agreements among models (Kurahashi-
Nakamura et al., 2022; Völker & Köhler, 2013) for ODP668 
and Pacific sites, disagreements for ODP999, but only little 
glacial CO2 drawdown in Völker and Köhler (2013).

Equatorial pH Surface ocean pH in Atlantic and Pacific in a high CO2 world should 
be very similar.

Robust, unless ocean circulation regime is completely different; 
supported by modern data and future projections (Jiang 
et al., 2019).

2nd parameter Assumptions made for the second parameter of the marine carbonate 
system needs to be in agreement with chemically possible 
combinations.

Robust, based on C cycle internal knowledge derived from 
decades of laboratory measurements; can be tested with any 
global carbon cycle model.

Glacial/interglacial Simulated glacial/interglacial changes in global carbon cycle, 
including atmospheric CO2, all variables of the marine carbonate 
system and  13C.

To some degree model-specific, but supported by agreement 
with independent data; glacial/interglacial amplitudes 
in all variables in the Pliocene are probably too small 
(Lisiecki, 2014; Poore et al., 2006).

Long-term trend Weathering feedback strength and volcanic CO2 outgassing 
determining the long-term trend in the carbon cycle including 
atmospheric CO2.

Strong weathering feedback agrees with independent proxies 
(Caves et al., 2016), temporal change in volcanic CO2 
outgassing largely unknown.
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Furthermore, independent of the scenario, there is only a small long-term rise in deep ocean 𝐴𝐴 CO
2−

3
 of less than 

10 (approximately 20) μmol/kg in the Indo-Pacific (Atlantic), while surface ocean 𝐴𝐴 CO
2−

3
 rose by approximately 

50 μmol/kg over the last 4 Ma. Thus, the implicit assumption of a stable surface-to-deep ocean ratio in 𝐴𝐴 CO
2−

3
 , as 

made in other studies (Tyrrell & Zeebe, 2004; Zeebe & Tyrrell, 2019) was not supported by the simulations. The 
possibility that the calculated long-term rise in surface 𝐴𝐴 CO

2−

3
 from ∼60 to 200 μmol/kg over the last 100 Ma in 

those studies may need a revision should be explored.

The temporal changes in the CSHs, which are water mass properties, mirrored the changes in the carbonate 
fraction in the sediments with the main difference being that the depth of the CSH was generally approximately 
1 km above the 50% carbonate horizon in the sediments. This effect has been comprehensively discussed for the 
last 800 ka in Köhler and Munhoven (2020a), and is as an example shown for one scenario (Figures 2c and 2d). 
Most available reconstructions suggest that the carbonate compensation depth, typically the depth at which the 
carbonate fraction in the sediments is reduced to 10%, deepened by approximately 500 m in both the Atlantic 
and Indo-Pacific over the last 5 Ma (see compilation in Komar and Zeebe (2021)). While such long-term trends 
in the CSHs were also present in scenario SE+0 (Figures 2c and 2d), they seem to be opposite in scenarios with 

Figure 2.  Simulated variables of the marine carbon cycle for selected scenarios. (a) Atlantic and (b) Indo-Pacific equatorial 
surface and deep ocean 𝐴𝐴 CO

2−

3
 -concentration. Calcite saturation horizons (CSH) in the water column as a function of water 

depth in (c) Atlantic and (d) Indo-Pacific. Long-term 400-ka running mean for all scenarios and underlying raw data for 
SE+3 are shown. Additionally, carbonate fraction (shaded area covers depths from 10% [lower bound] to 90% [upper bound] 
with 50% as broken line in between) as a function of water depth is plotted for scenario SE+3. Blue points in (a) are a 
composite of over/undersaturation of 𝐴𝐴 CO

2−

3
 in North Atlantic for the last 1.5 Ma (Sosdian, Rosenthal, & Toggweiler, 2018). 

Green points in (b) are deep Pacific undersaturation in 𝐴𝐴 CO
2−

3
 data (core TT013-PC72) (Kerr et al., 2017). Both data sets in (a, 

b) are plotted on individual y-axes (right) and the broken black lines mark the zero line in Δ(𝐴𝐴 CO
2−

3
 ).
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a large long-term decline in volcanic CO2 outgassing, for example, SE++V18, suggesting that this might be a 
rather unlikely scenario.

3.2.  Is pCO2 in Equatorial Surface Waters Always in Near-Equilibrium With the Atmosphere?

I next investigated whether the assumption of surface water equilibration with atmospheric pCO2 was stationary 
in the locations of δ 11B generation. Plotting the anomaly in CO2 concentration in the atmosphere and the equa-
torial surface waters of either the Atlantic or the Indo-Pacific (Figures 3b and 3c), I found for interglacial condi-
tions that in both equatorial regions pCO2 agreed within 5 ppm with the atmosphere. However, during glacial 
conditions simulated pCO2 in the surface equatorial Atlantic box was up to 25 ppm higher than atmospheric 
CO2 concentration independent of the simulation scenario and of the absolute values in atmospheric CO2. In the 
Indo-Pacific this atmosphere-to-surface ocean disequilibrium in pCO2 was up to 35 ppm during glacials. This 
offset is caused in the BICYCLE-SE model by the polar processes which contributed to the simulated glacial 
drawdown of CO2 (Köhler & Munhoven, 2020b) effectively resulting in a depletion of CO2 in the North Atlan-
tic and Southern Ocean surface waters with respect to atmospheric CO2, while equatorial regions are enriched 
(Figure 3d). While an enhanced solubility pump due to colder glacial temperatures contributes up to 30 ppm to 
the glacial CO2 drawdown, this process has hardly any effect on the glacial disequilibrium. Contributing to the 
glacial CO2 drawdown in polar regions are glacial iron fertilization and reduced glacial vertical mixing both in the 
Southern Ocean, but to some extent also a reduced glacial AMOC. Each process is responsible for up to 15 ppm 
of the simulated glacial disequilibrium between atmosphere and equatorial surface ocean (Figures 3e and 3f). The 
importance of polar processes for glacial CO2 drawdown has also been proposed by other models (e.g., Bouttes 
et al., 2011; Menviel et al., 2017).

Notably, in the δ 11B-based CO2 reconstructions that overlap with the ice core record, such a glacial disequilib-
rium is not easily detectable because assumptions made for the second variable of the marine carbonate system 

Figure 3.  The difference between atmospheric CO2 concentration and pCO2 in surface waters. Atmospheric CO2 concentration (a) and the difference to equatorial 
pCO2 in surface waters (b: Atlantic; c: Indo-Pacific) for three selected scenarios (SE+3; SE++V6; SE++V18). (d–f): Zoom-in on the last 2 Ma for scenario SE+3 
including contributions of indidividual processes to the differences in the equatorial boxes. (d) All surface ocean boxes; (e): equatorial Atlantic; (f): equatorial 
Indo-Pacific. The process of interest is switched off and the results subtracted from the control run with all processes active. The investigated processes are ocean 
temperature, sea level, sea ice, strength of the North Atlantic Deep Water (NADW) formation, vertical mixing in the Southern Ocean (SO), iron fertilization in the 
Southern Ocean, and changes in the terrestrial biosphere (TB).
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might counteract its effect, for example, by assuming too small G/IG amplitudes in TA and DIC, as seen below. 
However, reconstructions for the last 30 ka (Henehan et al., 2013) might also point toward a glacial disequilib-
rium. similar as the simulation results, while no such offset was contained in Hönisch et al. (2009), which covers 
the last 800 ka. The agreement of surface water pCO2 derived from data of ODP 999 in the equatorial Atlantic 
with atmospheric CO2 from ice cores for the last glacial cycle, which are given as evidence for an unchanged equi-
librium in Martínez-Botí et al. (2015) might therefore be questionable. However, note that in some studies (e.g., 
Chalk et al., 2017) the assumed uncertainty in an otherwise constant second parameter of the carbonate system is 
larger than the G/IG amplitudes proposed here. This would imply that the subsequent effect of the second param-
eter on pCO2 would be embedded in its uncertainty bands. However, this is not identical to calculations based on 
assumed G/IG amplitudes in TA or DIC. Furthermore, if such effects are only contained in the uncertainties they 
might easily get neglected if only mean values are analyzed.

An ocean-only general circulation model driven by boundary conditions for the LGM (Völker & Köhler, 2013) 
suggests, that the disequilibrium here found might not be a model-specific result. In particular, for the locations 
of the cores in the West Pacific used in Guillermic et al. (2022) and of ODP 668 in the central Atlantic Völker 
and Köhler (2013) also found higher CO2 partial pressure in the surface waters than in the atmosphere, in agree-
ment with glacial results presented here. However, the pattern of disequilibrium is spatially heterogeneous. For 
the location of ODP 999 close to Panama in the Caribbean Sea the model in Völker and Köhler (2013) might 
actually indicate the opposite, lower pCO2 in the surface waters than in the atmosphere. These ocean models are 
known to have problems in correctly simulating areas close to the coast, asking for caution in interpreting the 
later results. Also note, that in Völker and Köhler (2013) the focus was on ocean physics and not on the simu-
lated glacial carbon cycle, which featured only ∼40 ppm glacial drawdown of atmospheric CO2 and apart from 
surface-boundary driven changes in ocean circulation polar processes have been not been specifically investi-
gated. Thus, no glacial iron fertilization or deep water production changes related to brine rejection in Southern 
Ocean have been envisaged here as done, for example, in Bouttes et  al.  (2011). Other Earth system models 
which simulate a glacial carbon cycle rarely plot spatially resolved air-sea CO2 disequilibrium (e.g., Menviel 
et  al.,  2017), thus preventing a wider model-based analysis of this feature. However, additional analysis of a 
glacial state obtained with the Community Earth System Model (Kurahashi-Nakamura et al., 2022) support what 
has already been found in Völker and Köhler (2013). A CO2 disequilibrium between surface ocean and atmos-
phere has also been reconstructed at 14 different globally distributed sites across Termination 1 (partly going 
as far back as 30 ka) with the aim to identify water masses which release CO2 to the atmosphere (Shuttleworth 
et al., 2021), indicating that a glacial disequilibrium is not an uncommon feature.

In summary, since different models agree in two of three areas in a suggested glacial disequilibrium it might 
be a robust feature, but higher resolved model applications might be necessary, and the explicit investigation 
of polar processes, for further support for a glacial disequilibrium around ODP999. Furthermore, if this glacial 
disequilibrium is real, a good fit of δ 11B-based CO2 reconstructions with ice core data for glacial times might 
arise from other biases in the system, for example, for not perfect assumptions on the second parameter of the 
marine carbonate system.

3.3.  Carbonate Chemistry in Equatorial Surface Waters

The surface ocean pH is reconstructed using species-specific calibrations from δ 11B. Further changes in the 
environmental conditions are typically extracted from other measurements (e.g., SST from Mg/Ca, sometimes 
salinity from δ 18O). However, the crucial step for the calculation of atmospheric CO2 concentration is the chosen 
assumption on a second variable of the marine carbonate system, which is either TA or DIC. Here, I compiled 
all available data that have been published together with the original studies, revised in most recent data compi-
lations (de la Vega et al., 2020; Dyez et al., 2018; Guillermic et al., 2022), or were available online from the 
paleo-co2.org database (Hönisch, 2021). I plotted the most recent version of a data set, that is, the data originally 
published in Hönisch et al. (2009), Bartoli et al. (2011), Chalk et al. (2017), Seki et al. (2010), Foster (2008), 
Henehan et al. (2013) as compiled in Dyez et al. (2018) and those of Martínez-Botí et al. (2015) as contained in 
de la Vega et al. (2020). I took all data as they were available online. Also note, that data in paleo-co2.org have 
not been post-processed or harmonized.

All available data and the internally consistent simulation results related to the δ 11B-based CO2 proxy are 
compiled for the equatorial Atlantic in Figure 4. A similar compilation for the Pacific based on a recent study 
(Guillermic et al., 2022) is found in Figure S7 in Supporting Information S1, while similar results for the Atlantic 
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based on the alternative temperature forcing are found in Figure S8 in Supporting Information S1. I primarily 
distinguished between on which species the δ 11B data have been measured (either T. sacculifer or G. ruber) but 
did not discriminate if data were derived from different cores (ODP 668 or 999, both situated in the equatorial 
Atlantic, or ODP 806 and 807 in the equatorial Pacific) because this was of secondary importance. However, 
data initially published in Seki et al. (2010) are marked with different symbols in Figure 4, since this is the only 
data set from the Atlantic with reconstructed CO2 in the Pliocene above 500 ppm, while other studies (de la Vega 
et al., 2020; Martínez-Botí et al., 2015) come to smaller numbers. The time series of δ 11B (Figure 4a) already had 
a species-specific signature: δ 11B based on G. ruber generally had lower values than δ 11B based on T. sacculifer. 
These δ 11B differences are well known and are partly related to the measurement techniques applied. Negative 
thermal ion mass spectrometry measures higher δ 11B values for the same sample than multi-collector inductively 
coupled plasma mass spectrometry (MC-ICP-MS). Most T. sacculifer data in this Atlantic compilation were 
measured by Negative thermal ion mass spectrometry, and all G. ruber data and eight T. sacculifer data were 
measured using MC-ICP-MS. When measured with the same technique, G. ruber gave ∼1‰ higher values 
than T. sacculifer. The differences in measurements obtained using the different techniques were consistent and 
were included in the calibrations applied for each analytical technique and foraminifera species (de la Vega 
et al., 2020; Farmer et al., 2016; Foster et al., 2013; Hönisch et al., 2019a). The Pacific data were all measured 
with MC-ICP-MS and no apparent species-specific offset in δ 11B is contained (Figure S7a in Supporting Infor-
mation S1). More on these species-specific and technique-specific corrections to be applied on the measured δ 11B 
and how to derive pH is found in the related papers that describe the measurements.

Some of the technique- or species-specific offsets were reduced once δ 11B was transferred into pH (Figure 4b); 
however, there was still no universal agreement on the evolution of the equatorial surface Atlantic pH, and values 
based on different species or techniques did not always agree within their uncertainties. The G/IG changes in 
pH of 0.1–0.2 during the last 2 Ma generally agreed with the simulation results and reconstructions. For earlier 
times, the simulated pH became more a function of the assumed scenario with smaller G/IG amplitudes and 
a gradual long-term increase by 0.1–0.2. This smaller G/IG amplitude before 2 Ma was only contained in T. 
sacculifer-based pH to some extent and was lacking in G. ruber-based pH (Figure 4b). Furthermore, while the 
different scenarios spanned a wide range of possible pH variations, they still failed to capture the range span by 
the reconstructions. For example, between 3.0 and 3.5 Ma T. sacculifer and G. ruber spanned the ranges 8.05–8.2 
and 7.9–8.1, respectively, while the simulation scenarios lay between 8.0 and 8.2. The G/IG amplitudes in pH 
before 2 Ma in the simulations were likely too small and were connected with similarly small G/IG amplitudes in 
other variables, for example, ocean δ 13C (Figure S4 in Supporting Information S1). They might be improved by 
further refinement of the Southern Ocean vertical mixing. The long-term disagreement in the range of simulated 
and reconstructed data favored neither T. sacculifer- or G. ruber-based reconstructions.

SST and salinity reconstructions had rather high uncertainties and generally corresponded within their error 
margins with the climate forcing that drove the simulations (Figures  4c and  4d). The data from de la Vega 
et al. (2020), which also revised the data previously published in Martínez-Botí et al. (2015), assumed a salinity 
of 35 ± 1.5 psu (1σ) between 2 and 4 Ma clearly fell lower than what others assumed or the simulation forcing 
suggested, but still overlapped within error margins. A constant salinity level, an assumption made sometimes, 
is clearly a simplification that neglects G/IG ice sheet growth and decay, although the range of this variability 
is typically contained in the assumed uncertainty. However, salinity has a minor effect on pH and pCO2 calcu-
lations (Hönisch et al., 2019a; Hönisch & Hemming, 2005). For example, an increase in salinity by 1 PSU with 
everything else being equal would lead in offline calculations to an increase in atmospheric CO2 concentration in 
the order of 5–10 ppm (Zeebe & Wolf-Gladrow, 2001).

When TA is taken as the second variable of the marine carbonate system, its changes have often (e.g., Dyez 
et al., 2018) been calculated as a function of salinity (Figure 4e). This approach only includes the effect of sea 
level variations (if they are contained in the assumed salinity variations) on any oceanic tracer concentration, 
which is on G/IG timescale of the order of 3%. Before 1.5 Ma the assumed TA varied only slightly, if at all. 
Other approaches are more specific. Chalk et al. (2017) changed TA as function of pH and tested its importance 
when compared to a constant value. In the data set from the Pacific different scenarios for TA have been tested, 
and the finally chosen TA time series is based on a study on weathering (Caves et al., 2016) and contains a long-
term rise in TA by 200 μmol/kg over the last 5 Ma, approximately in agreement with the scenario SE+3, which 
contained no long-term trend in volcanic CO2 outgassing (Figure S7e in Supporting Information S1). However, 
the simulation results clearly show that TA in both equatorial surface regions has a G/IG amplitude on the order 

 25724525, 2023, 2, D
ow

nloaded from
 https://agupubs.onlinelibrary.w

iley.com
/doi/10.1029/2022PA

004439 by A
lfred-W

egener-Institut H
elm

holtz-Z
entrum

 Für Polar-, W
iley O

nline L
ibrary on [21/02/2023]. See the T

erm
s and C

onditions (https://onlinelibrary.w
iley.com

/term
s-and-conditions) on W

iley O
nline L

ibrary for rules of use; O
A

 articles are governed by the applicable C
reative C

om
m

ons L
icense



Paleoceanography and Paleoclimatology

KÖHLER

10.1029/2022PA004439

12 of 22

Figure 4.  Details on the δ 11B-based CO2 proxies from the surface equatorial Atlantic (see legends in subfigures a and g): 
(a) measured δ 11B; (b) pH; (c) sea surface temperature; (d) salinity; (e) TA; (f) DIC; (g) atmospheric CO2. Data as compiled 
in Dyez et al. (2018) with updates from de la Vega et al. (2020) and paleo-co2.org with additions of CO2 from ice cores 
(Bereiter et al., 2015) and blue ice (Yan et al., 2019). As 2nd variable of the carbonate system nearly all studies estimates TA, 
while de la Vega et al. (2020) estimates dissolved inorganic carbon. Data originally published in Seki et al. (2010) are marked 
with different symbols, since they contain the unusual high CO2 values around 3 Ma. All uncertainties are ±1σ.
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of 100 μmol/kg with glacials having higher values than interglacials. Slightly more than half of this G/IG ampli-
tude was caused by reduced glacial sea level, while the rest is a result of the complex ocean-sediment interactions 
related to the carbonate compensation feedback, as described in detail in Köhler and Munhoven (2020a). In an 
exemplary setting similar to the surface equatorial Atlantic (TA: 2,300–2,500 μmol/kg, DIC: 2,000 μmol/kg, SST: 
25°C, S: 36 PSU) such a G/IG change in TA of 100 μmol/kg — with all else being equal — would lead in offline 
calculations to CO2 changes on the order of 100 ppm (Zeebe & Wolf-Gladrow, 2001). Furthermore, the assumed 
weathering strength and volcanism influence long-term trends in TA, which at 3 Ma was scenario-dependent 
between 2,200 and 3,000 μmol/kg (Figure 4e). Interestingly, scenario SE+3 (without any long-term change in 
volcanism) was the one with the lowest TA before 1 Ma and showed a long-term rise in TA. Long-term stable TA 
might only be obtained with a gradual decline in volcanic CO2, as in scenario SE+V2.

There is only one Plio-Pleistocene study (de la Vega et al., 2020), which used DIC as the second variable of the 
marine carbonate system (Figure 4f). Here, DIC was taken from Sosdian, Greenop, et al. (2018), wherein it was 
calculated out of reconstructed deep ocean 𝐴𝐴 CO

2−

3
 ending in a DIC of ∼1,800 μmol/kg around 3 Ma at the lower 

end of the simulated range that extends up 2,600 μmol/kg. The results of Sosdian, Greenop, et al. (2018) agreed 
roughly with the scenario SE+3 (no long-term trend in volcanism), but even within their stated uncertainties, 
it does not capture the G/IG amplitudes of ∼50 μmol/kg in the simulations. Furthermore, as discussed above, a 
comparison of the simulated and reconstructed ocean δ 13C (Figure S4 in Supporting Information S1) suggests 
that the simulated G/IG amplitudes in most variables of the carbon cycle in the earlier parts of my simulations are 
potentially too small. This implies that assumed G/IG amplitudes in DIC in de la Vega et al. (2020) are smaller 
than the simulated amplitudes obtained here.

The wide ranges in simulated DIC or TA for the different scenarios follow the necessity to cover the range of 
atmospheric CO2 found in the reconstructions. These ranges shrink already by more than 200 μmol/kg each, if 
the most extreme scenario SE++V18 (strong CO2-dependency in weathering fluxes and a 18% long-term decline 
in volcanic CO2 outgassing between 4.5 and 1 Ma) with atmospheric CO2 above 500 ppm is avoided, for which 
some arguments are given in Section 3.4.

The resulting atmospheric CO2 concentration, as stated in the δ 11B-based reconstructions and from the simula-
tions, generally spans the range from 300 to 500 ppm in the mid-Pliocene, with three points based on Atlantic 
data showing even higher values (Figure 4g). Interestingly, these three points are recalculations made in Dyez 
et al. (2018) from data originally published in Seki et al. (2010), in which finally calculated CO2 values have been 
below 500 ppm. Although the underlying δ 11B values to these points are at the lower range of measurements 
(Figure  4a), it seems that especially the second variable of the carbonate system differently chosen in Dyez 
et al. (2018) is mainly responsible for these high CO2 values. Data from the Pacific are in the Pliocene on average 
higher than those from the Atlantic with reconstructed concentration as high as 600 ppm (Figure 1a, Figure S7g 
in Supporting Information S1). Note that different simulation scenarios were designed to capture the range in the 
CO2 reconstructions based on Atlantic data. Without further information, for example, CO2 concentration from 
other sources or more reconstructions of other variables of the carbon cycle, it is not possible to decide on a most 
likely scenario. However, note that G. ruber-based data from approximately 3 Ma (de la Vega et al., 2020), which 
generally agreed with DIC from scenario SE+3, contain an atmospheric CO2 of more than 400 ppm, while the 
simulated CO2 in that scenario remained below 300 ppm. Up to 25 ppm of this gap might be explained during 
glacial times by the disequilibrium between the atmosphere and the surface of the equatorial Atlantic. The rest has 
its root in the difference in pH, with SE+3 having the highest pH in the range of plotted scenarios, whereas pH in 
de la Vega et al. (2020) would be more in line with other scenarios with long-term trends in volcanic outgassing. 
Thus, the pH and DIC in de la Vega et al. (2020) disagree with the internally consistent carbon cycle of the model, 
which should contain the possible relationships of the different variables of the marine carbonate system (here 
pH and DIC) based on the given boundary conditions. Similarly, in the Pacific data (Guillermic et al., 2022) the 
assumed TA agrees with the scenario SE+3, but the reconstructed pH are for most data points lower than the most 
extreme scenario SE++V18 (Figure S7 in Supporting Information S1). Thus, the carbonate system in Guillermic 
et al.  (2022) seems also to contain a relationship between TA and pH that disagrees with what the internally 
consistent carbon cycle of the model allows to be possible.

Reconstructed pH in Atlantic and Pacific agreed with each other for the late Pleistocene, as also seen in modern 
data (Jiang et al., 2019), but diverged for the Pliocene with δ 11B values which are lower in the Pacific than in 
the Atlantic (Figure 1c). Such a difference in Pliocene equatorial surface water pH between Atlantic and Pacific 
is not contained in the model. Furthermore, present day data and future projections of surface ocean pH (Jiang 
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et al., 2019) suggest that surface pH in both ocean basins should evolve simi-
lar for rising atmospheric CO2 concentration. This should also be the case 
for the Pliocene unless ocean circulation has been structurally much different 
from that in future projections for which little evidences exist so far (e.g., 
Haywood et al., 2020; Zhang et al., 2021). This suggests that the pH recon-
structions in the Pliocene might be problematic for unknown reasons. Pacific 
pH in the most recent study (Guillermic et al., 2022) is outside of the range 
given by multiple Atlantic studies (de la Vega et al., 2020; Dyez et al., 2018) 
in the Pliocene.

It should be emphasized that although the details of the model results might 
be biased (e.g., they are based on the applied forcing and partly dependent 
on the chosen box model geometry) the internally consistent carbon cycle 
builds upon knowledge of how temperature and salinity influence parame-
ters of marine carbonate chemistry (Mojica Prieto & Millero, 2002; Zeebe 
& Wolf-Gladrow, 2001). The alternative temperature forcing based on Stap 
et  al.  (2018a), for example, leads to in principle similar results, but with 
smaller G/IG amplitudes in all variables (see equatorial Atlantic results for 
comparison in Figure S8 in Supporting Information S1). Thus, the described 
differences in the assumptions made for the carbonate system in understand-
ing of the δ 11B-based CO2 proxy with my simulation output (pH and DIC in 
de la Vega et al. (2020) and pH and TA in Guillermic et al. (2022)) might 
point to areas where further improvements are necessary.

3.4.  Further Model-Based Insights on δ 11B-Based CO2 Reconstructions

With the available information, potential disagreements in the carbon cycle can be highlighted, but it is still not 
possible to reliably choose which of the simulation scenarios might be most plausible. However, the modeling 
framework can be used to generate further consistency checks and insights to support δ 11B-based reconstruc-
tions. To this end, the relationships between various variables of the marine carbonate system were analyzed. 
It was found that simulated atmospheric CO2 concentration was highly linearly related to pH in the surface 
waters of the equatorial Atlantic with r 2 > 0.9, sometimes as high as r 2 = 1.00 (Figure 5, Figures S9 and S10 in 
Supporting Information S1). Similar good linear fits are obtained between atmospheric CO2 concentration and 
pH from the surface equatorial Indo-Pacific (Figure S11 in Supporting Information S1). Interestingly, the linear 
relationships between pH and TA or pH and DIC in the surface waters of the equatorial Atlantic (Figure S10 in 
Supporting Information S1) were not only weaker than for pH and CO2, they also reversed to an anti-correlation 
in scenarios with high volcanic CO2 emission and strong weathering feedback (SE++V18). Here, the long-term 
solid Earth influences were superimposed (and dominated the overall relation) on the still existing G/IG varia-
bility. No such reversal as function of scenario is found between pH and CO2 making this also the more robust 
relationship. It has been found analytically (Hain, Foster, & Chalk, 2018) that changes in log10(CO2) are linearly 
and inversely related to changes in pH, where CO2 is the concentration of dissolved CO2 in the surface water, in 
which pH is measured. This finding was based on the argument that changes in pH are much more important for 
CO2 than changes in 𝐴𝐴 HCO

−

3
 or in two parameters of the carbonate system, pK0 and pK1. To further distinguish 

if linear or logarithmic equations better fit to the simulation results in these scatter plots I also report the sum of 
squares (ss) which is a measure of the error of the regression, with a smaller ss pointing to the preferable regres-
sion equation. Here, 𝐴𝐴 𝐴𝐴𝐴𝐴 =

∑𝑛𝑛

𝑖𝑖=1
(𝑦𝑦𝑖𝑖 − 𝑦𝑦𝑖𝑖𝑖𝑖𝑖)

2 , with i running over all data points n = 3,001 (3 Ma) or n = 4,001 
(4 Ma) that are analyzed in steps of 1 ka. yi is the simulated variable to the corresponding xi, and yi,r the calculated 
variable following either a linear or log10 equation. These ss show that in my simulations the fit of log10(CO2) 
against pH becomes better than the linear fit of CO2 against pH whenever CO2 partial pressure in the equatorial 
surface waters is fitted against pH (right panels in Figures S9 and S11 in Supporting Information S1), bringing 
model-based confirmation to this theoretically derived relationship between both variables (Hain, Foster, & 
Chalk, 2018). However, if atmospheric CO2 is fitted against pH the linear regression has smaller ss than a loga-
rithmic equation (left panels in Figures S9 and S11 in Supporting Information S1) and should be preferred in 
all but the most extreme case (scenario SE++V18), which has in Section 3.1 already been classified as a rather 
unlikely scenario due deep ocean offsets.

Figure 5.  Example of a linear regression plot between atmospheric CO2 and 
pH in the surface equatorial Atlantic for scenario SE++V6. In the lower left 
corner the calculated regression functions are given, if, as suggested (Hain, 
Foster, & Chalk, 2018) the logarithm of atmospheric CO2 is calculated as 
function of surface equatorial Atlantic pH. ss is the calculated sum of squares, 
which here indicates that the linear fit performs better than the logarithmic fit.

 25724525, 2023, 2, D
ow

nloaded from
 https://agupubs.onlinelibrary.w

iley.com
/doi/10.1029/2022PA

004439 by A
lfred-W

egener-Institut H
elm

holtz-Z
entrum

 Für Polar-, W
iley O

nline L
ibrary on [21/02/2023]. See the T

erm
s and C

onditions (https://onlinelibrary.w
iley.com

/term
s-and-conditions) on W

iley O
nline L

ibrary for rules of use; O
A

 articles are governed by the applicable C
reative C

om
m

ons L
icense



Paleoceanography and Paleoclimatology

KÖHLER

10.1029/2022PA004439

15 of 22

These nearly perfect fits between pH and atmospheric CO2 concentration support the earlier suggestion (Hain, 
Foster, & Chalk, 2018) that instead of making rather uncertain assumptions on a second variable of the marine 
carbonate system to determine atmospheric pCO2, these calculations might be done relying entirely on pH. 
However, because the slope of these linear fits depends on the chosen simulation scenario, I can still only make 
suggestions about how CO2 concentration as a function of pH might vary. For the final CO2 values, one still 
has to make an educated choice in the scenario. With all available information combined, including carbonate 
compensation depth (Figure 2), the best guess scenarios are those with a gradual decreasing trend in volcanic CO2 
outgassing, namely SE+V2 or SE++V6, which are both marked by bold lines in Figure 4g. These scenarios reach 
nearly identical CO2 concentration with maximum interglacial values at 3.5 Ma of approximately 350 ppm. Simu-
lated CO2 and CO2 calculated out of pH in that way disagree in these best guess scenarios by less than 20 ppm, 
most of the time, and sometimes by less than 10 ppm (Figure S9 in Supporting Information S1). Such close fits 
reflect the relationship between pH and CO2 that emerges from the model. However, because it is unknown how 
far from the truth the model results are, they should not be used directly for δ 11B-based CO2 calculations, but as 
a consistency check instead.

Using the obtained fit from the selected scenario SE++V6, CO2 is recalculated directly from δ 11B-based pH 
(Figure 6, Figures S12 and S13 in Supporting Information S1). The fit had an r 2 of 0.99 and may slightly 
underestimate the full interglacial values for the lowest pH below 8.1 (Figure 5). The calculated late Pleis-
tocene CO2 concentration with unrealistically low values of approximately 150  ppm (Figure  6c) were thus 
already embedded in the high glacial pH reconstructions of ∼8.3 (Figure 4b). Three of the G. ruber-based 
values approximately 3.5–3.0 Ma—all based on data initially published in Seki et al. (2010) and recalculated by 
Dyez et al. (2018)—are reduced by 50–100 ppm when based on the recalculation, suggesting that the original 
stated high values of 500–600 ppm are inconsistent with all knowledge of the carbon cycle that went into the 
equations of the BICYCLE-SE model. I also calculate CO2 uncertainties in the approach based pH which are 
only based on the uncertainties in the reconstructed pH and how they transfer with the obtained fitting function 
into uncertainties in CO2 under the assumption of a perfect fit motivated by the high r 2, although this approach 
might underestimate structural uncertainties. In the original studies the final CO2 uncertainties are based on 
both uncertainties in pH and in the second parameter of the carbonate system. By this approach CO2 uncer-
tainties were generally reduced by about 30 ppm, in a few individual cases by up to 100 ppm (Figure 6b). The 
differences in the mean values between the original proposed CO2 and my pH-based calculations were highly 
scenario-dependent (Figure 6a, Figures S11a and S11c in Supporting Information S1), and the scatter plots of 
CO2 against pH (Figure 5, Figure S9 in Supporting Information S1) indicate the location of weak individual 
fits.

For data from the Pacific (Figure S13 in Supporting Information S1) the picture is more diverse. Before 2.5 Ma 
the calculated CO2 concentration based solely on pH contained up to 100 ppm smaller uncertainties than the 
reconstructions, while for the more recent periods the calculated uncertainties were also increased with respect 
to the reconstructions by up to 30 ppm. The reconstructed high CO2 concentrations of up to 600 ppm are in the 
recalculations not in general reduced, as has been the case for the high CO2 values based on data from the Atlan-
tic. This implies, that these high values are not caused by an inconsistent carbonate system (but remember that 
assumed TA and reconstructed pH were not combined in a similar way in any of the simulation scenarios), but 
that they are already embedded in the reconstructed pH values. However, I reiterate that all the model simula-
tions were unable to reach as low values in pH in the surface equatorial Indo-Pacific as suggested in Guillermic 
et al. (2022). Going one step further one sees that the δ 11B in the Pacific is subdivided with values below ∼17‰ 
before 3 Ma, and above thereafter (Figure S7a in Supporting Information S1), a dynamic not seen in the Atlantic 
(Figure 4a). The reason for this difference is yet unknown, but it might be connected with the species-specific 
fractionation since there is also a change in the used foraminifera species at that point in time with T. sacculier 
being soley used before 3 Ma.

Note, that for the performed linear regression analysis one assumption is that the underlying variables should 
be independent from each other. Although global processes influence atmospheric CO2 differently than surface 
ocean pH, this assumption is not always strictly fulfilled. The marine carbonate system has two degrees of free-
dom, but the nearly perfect fits indicate that further simplification seems possible.
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4.  Discussion
While the applied forcing is fully responsible for how the model simulates changes in the carbon cycle in detail, 
the intrinsic relationships between different variables of the marine carbonate system are independent of it. For 
example, the detailed distribution of DIC into 𝐴𝐴 HCO

−

3
 , 𝐴𝐴 CO

2−

3
 , and CO2 is a function of temperature, salinity, and 

pressure, but changes in these climate variables will never lead to chemically unrealistic ratios between these 
three species of DIC. Even so, both TA and DIC in the surface layers of the ocean are responsible for how 
much CO2 can be dissolved and is thus available for gas exchange with the atmosphere. This implies that the 
two alternative temperature forcings applied here, although both probably incorrect in detail, produce plausible 
carbon cycle changes, in which the relationships between the different variables of the marine carbonate system 
are nevertheless consistent. The consistency of the carbon cycle–climate system has even been taken a step 
further in Hain, Foster, and Chalk (2018) who showed that from only knowing the change in pH—potentially 
calculated from δ 11B—one might be able to estimate the change in CO2-based radiative forcing. Hain, Foster, 
and Chalk  (2018) tested how temperature, or the addition or removal of either DIC or CaCO3 influence the 

Figure 6.  Calculating atmospheric CO2 out of δ 11B-based pH using linear regressions for scenario SE++V6 based on core 
sites in the equatorial Atlantic (de la Vega et al., 2020; Dyez et al., 2018). Data originally published in Seki et al. (2010) are 
marked with different symbols, since they contain the unusual high CO2 values around 3 Ma. Changes in the mean values (a) 
and of the uncertainties (b), and comparing original proposed and newly calculated atmospheric CO2 (c) with additions of 
CO2 from ice cores (Bereiter et al., 2015) and blue ice (Yan et al., 2019). I use the linear regressions between pH and CO2 as 
obtained from 4 Ma data. The differences are always plotted as new calculated values minus originally reconstructed values.
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CO2-pH relationship and derived from these three different processes, that the slope of Δ log10(CO2)/ΔpH falls 
in the range of about −1.3:1 and −0.9:1, which defined the uncertainty of their method. Here, I do not analyze 
individual processes, but simulations with an open system global carbon cycle model. I find, that the long-term 
slope between CO2 and pH depends on the assumed scenario of volcanic CO2 outgassing and weathering and 
cannot be tightly constrained without further knowledge. This difference to Hain, Foster, and Chalk (2018) might 
derive from the time-dependent weathering-related input of 𝐴𝐴 HCO

−

3
 into the ocean in my approach, which has not 

been checked for its to impact on CO2 and pH in their study. However, they advice to use their approach only to 
time slices not longer than 1 million years due to the not covered long-term weathering dynamics, while I here 
analyzed 3–4 Ma long simulation results.

I tested the importance of the results on the chosen temperature forcing for two selected scenarios, the control run 
SE+3 and one of the most likely scenarios SE++V6 (Figure S14 in Supporting Information S1). The scenarios 
using the alternative temperature forcing of Stap et al.  (2018a) (SE+3S, SE++V6S) led to similar equatorial 
surface ocean pH and atmospheric CO2 containing similar linear relationships in their scatter plots, but for rather 
different DIC and TA inventories (Figure S14 in Supporting Information  S1). These sensitivity experiments 
therefore highlight, that pH and atmospheric CO2 are rather robust features of the simulations, while due to the 
two degrees of freedom in the marine carbonate system DIC and TA are individually weaker constrained, but 
due  to geochemically possible changes in the global carbon cycle strongly link to each other. Actually, these 
offsets in TA and DIC between the setups with different temperature forcing make an educated guess on the value 
of a second variable of the marine carbonate system for the calculation of CO2 out of pH in the boron-isotope CO2 
proxy even more challenging. The simulation results suggest that only the long-term relationship between CO2 
and surface ocean pH is a robust feature of the system.

Reconstructions of atmospheric CO2 concentration based on alternative proxies, either alkenones in marine sedi-
ment cores or paleosols, do not yet improve our knowledge of past CO2 due to other challenges. Paleosol-based 
CO2 (Da et  al.,  2019) suggest in general the lowest values for the last 2.5  Ma, but the uncertainties with 
1σ > 50 ppm are very high. Alkenone-based approaches (Badger et al., 2013, 2019; Seki et al., 2010; Zhang 
et al., 2013) also suggest a wide range of possible CO2 values across the Plio-Pleistocene, producing values lower 
than some of the δ 11B-based reconstructions, which generally remain below 400 ppm. This method uses the 
CO2-dependent isotopic fractionation of carbon during photosynthesis (ɛp) and a physiological scaling parameter 
(b) that accounts for biological factors. However, it has been shown (Zhang et al., 2019) that b varies over glacial 
cycles, implying that CO2 reconstructions based on a constant b are biased. Another study, although focusing on 
deeper times, suggests that the calibration of the alkenone-based approach requires a revision (Rae et al., 2021). 
Phelps et al. (2021) recently argued that the theory for the alkenone carbon isotope fractionation model is not 
supported by field data and should not be used to reconstruct past CO2 changes before further studies success-
fully account for the effects of irradiance and cell size variations on isotopic fractionation. Furthermore, a recent 
review on carbon isotope fractionation in marine phytoplankton (Brandenburg et al., 2022) shows that ɛp can 
vary significantly between different phytoplankton species and groups, but also as a result of different culturing 
methods and differences in daylength. Based on these recent critiques I refrain from a further in-depth discussion 
of CO2 reconstructions from alkenones.

Recently, Yamamoto et al. (2022) used leaf wax δ 13C as proxy for CO2 extending back to 1.5 Ma. This approach 
has the advantage of directly inferring atmospheric CO2, therefore circumventing the atmosphere-surface ocean 
disequilibrium problem. The fit of this proxy-based CO2 to ice core CO2 is r 2 = 0.78 making it a promising 
approach. Atmospheric CO2 derived from leaf wax δ 13C and based on δ 11B agree in suggesting smaller G/IG 
amplitudes before the Mid Pleistocene Transition, but for different reasons (Figure 1a). Yamamoto et al. (2022) 
finds reduced interglacial CO2 before the Mid Pleistocene Transition and hardly any changes in glacial values, 
while in Hönisch et al. (2009) and Chalk et al. (2017) interglacial CO2 values stayed constant and glacial CO2 
have been higher earlier on. The data from Yamamoto et al. (2022) would still agree with the various scenarios 
presented in this study, but the time series is too short to use this information to prefer any of my volcanism/
weathering scenarios. Therefore, I conclude that the alternative proxies cannot yet help in answering which of the 
different scenarios, with their different CO2 values and different pH-CO2-relationships, is the best choice.

Here, I used internally consistent carbon cycle knowledge derived from a global model transiently applied over the 
last 4 Ma and was thus able to apply consistency checks to the assumptions which went into the δ 11B-based CO2 
proxy. I found that the assumption of a near-equilibrium between the pCO2 in the atmosphere and in the surface 
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equatorial ocean was only fulfilled in the simulations during interglacial climates (peak atmospheric pCO2 during 
each glacial cycle), but both variables were offset in my model results by up to 25 ppm in the Atlantic and up to 
35 ppm in the Indo-Pacific during glacials. This glacial disequilibrium is caused in the BICYCLE-SE model by 
the contribution of polar processes to the glacial CO2 drawdown and is in two out of three site locations supported 
by other models, but needs further investigations around ODP999 in the Caribbean. If true, this glacial bias would 
complicate the assessment of the quality of any marine-based CO2 reconstructions, since a good agreement with 
ice core CO2 at glacial times would then imply a compensation from other biases. This is an upper quantification 
of the uncertainty of the atmosphere-surface ocean equilibrium assumption, which to my understanding was 
missing so far. Furthermore, the assumed values of a second variable of the marine carbonate system (TA or DIC) 
besides pH (itself calculated from δ 11B) required to reconstruct CO2 concentration were not always consistent 
with knowledge of carbon cycle changes as it was put into the model. This leads to some data points from the 
equatorial Atlantic at approximately 3.0–3.5 Ma from which a CO2 concentration of ∼500–600 ppm was calcu-
lated, which in my internally consistent carbon cycle seemed to be 50–100 ppm too high. The underlying data 
of these high CO2 values have been published in one of the earlier studies (Seki et al., 2010) and lab procedure 
and applied corrections might have improved since then leading to smaller Pliocene values in more recent studies 
(de la Vega et al., 2020). However, the main reason for these high CO2 values seems to be the choices on the 
carbonate system made during recalculation within the compilation study of Dyez et al. (2018). Furthermore, 
G/IG amplitudes in TA, as suggested by the carbon cycle simulation studies discussed here, are seldom consid-
ered in δ 11B-based reconstructions of CO2. I acknowledge that assumed uncertainty ranges in TA in some cases 
might be large enough to cover these G/IG amplitudes, however, an assumed large uncertainty in TA still leads 
to different CO2 reconstructions than assumed larger G/IG changes in mean TA. pH is for most reconstructions 
based on G. ruber from Atlantic cores and for most cases in the Pacific lower than what the carbon cycle model 
is able to simulate. Thus, the priority for future studies should be to further reduce this data/model mismatch in 
pH, because—as this study highlighted—pH alone seems to be most important for a meaningful reconstruction 
of atmospheric CO2 concentration.

Independent and robust information on the long-term trends in volcanic CO2 outgassing and on weathering 
strength, which are necessary to finally and with confidence favor a simulation scenario (and thus constrain CO2) 
are not yet available. Associated changes in deep ocean 𝐴𝐴 CO

2−

3
 , and the carbonate compensation depth help to 

reduce the potential range of scenarios to the most likely ones, in which a gradual decline in volcanic outgassing 
is included. An even better fit to independent data might be obtained when using future compilations of temper-
ature and sea level (Clark et al., 2021). My simulation results confirm the theoretically derived close relationship 
of log10(CO2) and pH, where CO2 is the partial pressure in the equatorial surface water, in which also pH is 
measured (Hain, Foster, & Chalk, 2018). Thus, a fully global carbon cycle model supports the earlier theoretical 
proposal in that paper that it is possible to calculate atmospheric CO2 concentration based on only one variable of 
the marine carbonate system (i.e., surface ocean pH). Because it is still unclear which of the proposed scenarios 
of volcanic CO2 outgassing, weathering strength and their related atmospheric CO2 are closest to reality it is not 
suggested to include model simulations in the calculation of the δ 11B-based CO2. However, the close linear rela-
tionship between atmospheric CO2 and equatorial surface ocean pH found here might be used as test to help to 
identify if the assumptions made for the second variable of the carbonate system lead to plausible results, since 
their relationship is the most robust feature of the system, while due to the two degrees of freedoms in the marine 
carbonate chemistry both TA and DIC can vary widely. As a side product, the simulation results show that the 
surface-to-deep ocean ratio of 𝐴𝐴 CO

2−

3
 increased over time, in disagreement with some assumptions in other studies 

on multi-million-year trends in carbonate chemistry (Tyrrell & Zeebe, 2004; Zeebe & Tyrrell, 2019). Given the 
disagreement between variables of the marine carbonate system in the application of the δ 11B-based CO2 proxy 
and my internally consistent global carbon cycle simulations that have been identified here, I propose that models 
might help in improving the interpretation of this proxy in future applications.

Data Availability Statement
Data used here can be assessed as follows: (a) Forcing (input) data sets, simulation output, processed δ 13C data 
originally published in Poore et al. (2006); Lisiecki (2014), and additional SST data based on Stap et al. (2018a) 
are found in Köhler  (2022). (b) Temperature forcing (Köhler et  al.,  2015a,  2015b). (c) Alternative tempera-
ture forcing (Stap et al., 2018a, 2018b). (d) Sea level forcing (de Boer et al., 2014, 2015). (e) Dust fluxes of 
the past 4 Ma, online supplement to Martinez-Garcia et  al.  (2011). (f) Deep Atlantic over/undersaturation in 
carbonate ion for the last 1.5 Ma, online supplement to Sosdian, Rosenthal, and Toggweiler (2018). (g) Deep 
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Pacific undersaturation in carbonate ion during the past five glacial cycles (Kerr et al., 2017, 2018). (h) Equatorial 
Atlantic carbonate chemistry and CO2 data during the Mid-Piacenzian Warm Period: online supplement to de la 
Vega et al. (2020) and assuming a 1.5 PSU 1σ uncertainty of salinity as stated in the main text of that study. (i) 
Various sets of equatorial carbonate chemistry and atmospheric CO2 data over the last 5 Ma: online supplement 
to Dyez et al. (2018). (j) Equatorial Pacific carbonate chemistry and CO2 data during the last 5 Ma: online supple-
ment to Guillermic et al. (2022). (k) Carbon fluxes from 800 ka simulations of BICYCLE-SE model (Köhler & 
Munhoven, 2020a, 2020b). (l) Carbonate chemistry data missing in above mentioned sources was taken from 
Hönisch (2021) without post-processing or harmonization. The BICYCLE-SE model is fully described in Köhler 
and Munhoven (2020b), and all changes performed for the study here are contained in the Methods section.
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Figure S1. Sketch of the BICYCLE model. Model version including solid Earth fluxes (BICYCLE-SE). V: outgassing of CO2 from volca-

noes on land potentially and temporally overlain by land ice and from hot spot island volcanoes (and mid ocean ridges, not shown) influenced

by changing sea level; C: shallow water carbonate deposition due to coral reef growth; Si-W: silicate weathering and Ca-W: carbonate weath-

ering with di�erent sources of C, but both delivering HCO�
3 -ions into the ocean; P: PO3�

4 riverine input and sedimentary burial; S: CaCO3

sedimentation and dissolution. A2B: atmosphere-biosphere exchange of CO2; A2O: atmosphere-ocean exchange of CO2. The cyan-colored

broken circles mimic the two overturning cells in the Atlantic and Indo-Pacific Ocean. The previous model version has been restricted to the

fluxes A2O, A2B, and some simplified representation of carbonate compensation between ocean and sediment.
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Figure S2. Time-dependent forcing of the model. (a) Sea level following de Boer et al. [2014] resulting in the corresponding mean ocean

salinity (right y-axis). (b) North Atlantic Deep Water (NADW) formation is either in interglacial or glacial mode, following NH high latitude

SST, broken line marks the threshold for switching between both states. (c) SH high latitude SST and vertical mixing (SO-x: SO surface-

to-deep ocean flux, right y-axis) is calculated with upper and lower limitation (9–29 Sv), marked by horizontal lines. In scenario SE+2 the

vertical mixing is calculated as function of sea level. (d) Marine biology in the Southern Ocean (SO) is either Fe-limited or Fe-unlimited fol-

lowing Fe MAR in ODP1090 [Martinez-Garcia et al., 2011]. The dotted line marks the threshold for switching between both states, leading

to global integrated export production of organic matter at 100 m water depth (right y-axis). (e) Di�erent ocean temperatures averaged within

the model (mean ocean (black (standard), red (alternative))). SST is calculated from all ocean surface boxes (area weighted (blue (standard),

cyan (alternative)). Right y-axis: global integrated sea ice area (std). The standard run is forced with temperature from Köhler et al. [2015],

the alternative with temperature from Stap et al. [2018].
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Figure S3. Simulated atmospheric CO2 for di�erent scenarios (a) and anomalies of some scenarios with respect to SE+0 (b). Most time

series are plotted as 400-ka running mean, for SE+0 and SE+3 the underlying raw data are also shown.
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Figure S4. Oceanic X
13C. (a) Mean X

13C stack from the North Atlantic and Pacific after Lisiecki [2014]. (b) Mean X
13C stack from the

North Atlantic (NA), Southern Ocean (SO) and Pacific (PA) after Poore et al. [2006]. A 400-ka running mean of the global mean ocean X
13C

(gray line in sub-figures b–e) is calculated by averaging the three basin-wide records with weighting factors of 0.1 (NA), 0.32 (SO), and 0.58

(PA). These factors are based on the distribution of ocean volumes below 1000 m depth according to the model geometry. Because Atlantic

X
13C data are only obtained from the North Atlantic I have to assume how much of the deep Atlantic is ventilated by either northern or south-

ern component waters. Here, a temporally constant northern component ventilation rate of 50% is assumed, but an alternative time-dependent

weighting factor which takes the variability of the northern component waters into account as used in Poore et al. [2006] leads to very similar

results. (c–e) Simulated mean ocean X
13C in various scenarios versus the data-based global mean ocean X

13C. Plotted results contain both

raw data and 400-ka running mean changes.
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Figure S5. Contribution of solid Earth processes to changes in the global carbon cycle. (a) Standard run SE in Köhler and Munhoven

[2020]. (b) Scenario SE+0. (c) Scenario SE++V6 (solid lines) and SE++V18 (broken lines). The relevant process and the carbon species

that is changes is mentioned in the legend. All fluxes apart from the volcanic outgassing lead to changes in both the total carbon content in

the atmosphere-ocean-biosphere subsystem and in the ocean alkalinity, (volcanic outgassing does not change ocean alkalinity). Calcite dis-

solution (sediment-to-ocean flux) is the di�erence between sediment accumulation and net ocean-to-sediment and omitted. Not all calcite

dissolution events are resolved here due to a temporal resolution of the results of 1 ka.
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Figure S7. Details on the X
11B-based CO2 proxies from the surface equatorial Pacific (see legends in subfigures a and g): (a) measured

X
11B; (b) ?H; (c) SST; (d) salinity; (e) TA; (f) DIC; (g) atmospheric CO2. Data as compiled in Guillermic et al. [2022] with additions of

CO2 from ice cores [Bereiter et al., 2015] and blue ice [Yan et al., 2019]. As 2nd variable of the carbonate system this study estimated TA.

Whenever two errors are given in Guillermic et al. [2022] only “error 1” is shown and discussed, which contained a more complete error

propagation than “error 2”. All uncertainties are ±1f.
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Figure S8. Details on the X
11B-based CO2 proxies from the surface equatorial Atlantic (see legends in subfigures a and g) when forced

by the alternative temperatures from Stap et al. [2018a]: (a) measured X
11B; (b) ?H; (c) SST; (d) salinity; (e) TA; (f) DIC; (g) atmospheric

CO2. Data as compiled in Dyez et al. [2018] with updates from de la Vega et al. [2020] and paleo-co2.org with additions of CO2 from ice

cores [Bereiter et al., 2015] and blue ice [Yan et al., 2019]. As 2nd variable of the carbonate system nearly all studies estimates TA, while

de la Vega et al. [2020] estimates DIC. Data originally published in Seki et al. [2010] are marked with di�erent symbols, since they contain

the unusual high CO2 values around 3 Ma. All uncertainties are ±1f.
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Figure S9. Linear regression plots for selected scenarios between atmospheric CO2 (left) or surface equatorial Atlantic CO2 (right) and

?H in the surface equatorial Atlantic. In the lower left corner the calculated regression functions are given, if, as suggested [Hain et al.,

2018b] the logarithm of atmospheric CO2 is calculated as function of surface equatorial Atlantic ?H. BB is the calculated sum of squares,

which indicates if the linear or logarithmic fit performs better.
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Figure S10. Linear regression plots for selected scenarios between atmospheric ?H and (left) DIC or (right) TA in the surface equatorial

Atlantic for selected scenarios (SE+3: 1st row; SE+V2: 2nd row; SE++V6 3rd row: SE++V18 4th row). Right column contains the related

time series including one for atmospheric CO2.
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Figure S11. Example of a linear regression plot between between atmospheric CO2 (left) or surface equatorial Indo-Pacific CO2 (right)

and ?H in the surface equatorial Indo-Pacific for scenario SE++V6. In the lower left corner the calculated regression functions are given,

if, as suggested [Hain et al., 2018b] the logarithm of atmospheric CO2 is calculated as function of surface equatorial Atlantic ?H. BB is the

calculated sum of squares, which indicates if the linear or logarithmic fit performs better.
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Figure S12. Calculating atmospheric CO2 out of X11B-based ?H using linear regressions for selected scenarios (a,b) scenario SE+3;

(c,d) scenario SE+V2. I use the linear regressions as obtained between equatorial surface Atlantic ?H and atmospheric CO2 from 4 Ma data

(Fig. S9). Plotted are changes in the mean values (a,c) and of the uncertainties (b,d) in atmospheric CO2. The di�erences are always plotted

as new calculated values minus originally reconstructed values.
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Figure S13. Calculating atmospheric CO2 out of X11B-based ?H using linear regressions for scenario SE++V6 based on core site in the

equatorial Pacific [Guillermic et al., 2022]. Changes in the mean values (a) and of the uncertainties (b), and comparing original proposed

and newly calculated atmospheric CO2 (c) with additions of CO2 from ice cores [Bereiter et al., 2015] and blue ice [Yan et al., 2019]. I use

the linear regressions between ?H and CO2 as obtained from 4 Ma data. The di�erences are always plotted as new calculated values minus

originally reconstructed values.
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Figure S14. Example of a linear regression plot between atmospheric CO2 and ?H in the surface equatorial Atlantic for the scenarios

SE+3 (top) and SE++V6 (bottom), in comparison to scenarios (SE+3S, SE++V6S) which use the alternative temperature forcing following

Stap et al. [2018] . Right column contains the related time series for for atmospheric CO2 and surface equatorial Atlantic ?H, TA, and DIC.
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