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ABSTRACT
In this work, an evaluation of an intense biomass burning event observed over Ny-Ålesund (Spitsbergen,
European Arctic) in July 2015 is presented. Data from the multi-wavelengths Raman-lidar KARL, a sun
photometer and radiosonde measurements are used to derive some microphysical properties of the biomass
burning aerosol as size distribution, refractive index and single scattering albedo at different relative
humidities. Predominantly particles in the accumulation mode have been found with a bi-modal distribution
and dominance of the smaller mode. Above 80% relative humidity, hygroscopic growth in terms of an
increase of particle diameter and a slight decrease of the index of refraction (real and imaginary part) has
been found. Values of the single scattering albedo around 0.9 both at 355nm and 532 nm indicate some
absorption by the aerosol. Values of the lidar ratio are around 26 sr for 355nm and around 50 sr for 532 nm,
almost independent of the relative humidity. Further, data from the photometer and surface radiation values
from the local baseline surface radiation network (BSRN) have been applied to derive the radiative impact of
the biomass burning event purely from observational data by comparison with a clear background day. We
found a strong cooling for the visible radiation and a slight warming in the infra-red. The net aerosol
forcing, derived by comparison with a clear background day purely from observational data, obtained a
value of –95 W/m2 per unit AOD500.
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Key Points

� BB aerosol showed lidar ratios which are almost
independent of humidity

� BB aerosol retrieval showed bimodal distributions in
accumulation mode with dominance of the smaller mode

� BB aerosol found to be hygroscopic only above
80% RH

� BB aerosol showed single scattering albedos
around 0.9

� BB aerosol lead to a significant impact on short- and
longwave radiation with strong net surface cooling

1. Introduction

The direct radiative impact of aerosol is still an important
unknown in the climate system. It is difficult to estimate�Corresponding author. e-mail: christoph.ritter@awi.de
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what fraction of greenhouse forcing will be counteracted
by a negative aerosol forcing (Stocker et al., 2013). The
insecurities arrive from both observational and modelling
challenges: Quickly varying aerosol properties and their
complex interaction with clouds and turbulence down to
small scales imply that models depend on hardly con-
strained assumptions (Boucher et al., 2013) and host
model uncertainties (Stier et al., 2013). However, recently
Stevens (2015) estimated the modulus of the global direct
aerosol forcing from an estimation of early anthropogenic
emissions to be smaller than 1W/m2. If this were true,
the total (negative) direct aerosol forcing would be
smaller than previously assumed.

Biomass burning aerosol (BB) is also thought to have
a negative forcing of around –0.3W/m2 globally as esti-
mated by Hobbs et al. (1997) or Penner et al. (1992).
However, burning conditions, availability of oxygen and
trace gases as well as aging of particles are potentially dif-
ferent for each fire event. Therefore, also the size, shape
and content of absorbing elemental carbon (EC) and
thereby the optical properties of the BB aerosol may vary
widely (Schkolnik et al., 2007; Eck et al., 2009). From
remote sensing of an aged Canadian BB event Wandinger
et al. (2002) estimated an effective particle radius of 0.25
mm and a refractive index (m) in the range of m¼ 1.56 –

1.66 – i � 0.05 – 0.07. This is slightly larger than fresh BB
particles (Reid et al., 2005). Indeed, both from remote
sensing (Alados-Arboledas et al., 2011) as from in-situ
measurements (Haywood et al., 2003) there are indica-
tions that BB aerosol grows with age and ‘becomes
brighter’ (decrease of m, increase of single scattering
albedo). Eck et al. (2009) found a tendency for larger
particles to occur in denser events.

Data in this paper were recorded in Ny-Ålesund
(78.9�N, 11.9�E) in the European Arctic. Due to its loca-
tion at the North-Western coast of Spitsbergen, the site is
alternately influenced by Atlantic and high Arctic condi-
tions. The local climatic conditions are affected by global
change, with an increase of the annual mean temperature
of þ1.4K per decade over the recent 20þ years, and a
dramatic increase of even þ3.1K per decade when
regarding the winter period December to February,
respectively (Maturilli et al., 2015). The aerosol properties
at the site over the annual cycle from remote sensing per-
spective are discussed in Herber et al. (2002) and Tomasi
et al. (2015). Summer is the season with a low aerosol
optical depth (AOD) of around 0.05 as monthly average
for July.

Starting in the evening of 9 July 2015, a very strong
BB aerosol event has been seen in Ny-Ålesund (and other
sites in the European Arctic as well), described in detail
in Markowicz et al. (2016). The likely origin were pro-
nounced forest fires in Alaska and maybe even Canada in

late June. On 10 July, we found AOD >1 at k¼ 500 nm,
the strongest recorded aerosol event in Spitsbergen during
the last nine years. Only a special case of agricultural
flaming in May 2006 produced similar air pollution
(Treffeisen et al., 2007). Hence, this forest fire event ana-
lysed here is not ‘typical’ but an exception. Thanks to the
high aerosol concentration, however, extinction and back-
scatter coefficients from a Raman lidar can be derived
easily and the radiative impact of the event is clearly vis-
ible. Therefore, in this paper we want to (a) study the
humidity dependence of some lidar-based optical aerosol
properties in section 4.1, (b) invert some microphysical
aerosol properties from lidar data in section 4.2, also
using sun photometer data in section 4.3 and finally (c)
estimate the radiative impact of the aerosol in section 4.4.
By this work we want to summarise data derived purely
from observations that can be used as input or for verifi-
cation of radiative transfer or climate models and enlarge
our understanding of BB aerosol and its hygroscopicity.

2. Instruments, methods and data

Aerosol optical depth (AOD) has been measured by a
sun photometer, type SP1a from Dr. Schulz & Partner
GmbH (http://www.drschulz.com/cnt/) in 10 wavelengths
between k¼ 369 nm and 1023 nm with a field of view of
1˚. One of the wavelengths, at 944.8 nm, is devoted to
measure the water vapour and was omitted in this paper.
The other nine wavelengths give the AOD and are used.
The instrument is calibrated regularly in pristine condi-
tions in Iza~na, Tenerife via the Langley method. A cloud
screening based on short scale fluctuations of the AOD is
used as in Alexandrov et al. (2004). The AOD uncertainty
for this instrument is generally around 0.01 (Stock, 2010;
Toledano et al., 2012). The time resolution of the instru-
ment is 1minute.

The multi-wavelengths Raman lidar KARL
(‘Koldewey Aerosol Raman Lidar’) consists of a
Nd:YAG laser with 10W in each of the wavelengths
k¼ 355 nm, 532 nm and 1064 nm. The first two wave-
lengths are recorded in polarisation states parallel and
perpendicular to the laser. Additionally, the Raman
shifted lines from N2 at 387 nm and 607 nm and water
vapour at 407 nm and 660 nm are recorded by a 70 cm
mirror. The overlap is complete after about 700m alti-
tude, while below a qualitative estimation of the back-
scatter coefficient using a Vaisala CL51 ceilometer was
performed. More technical details on the system are given
in Hoffmann (2011). The evaluation was done according
to Ansmann et al. (1992) with 30m vertical and 10min
temporal resolution. No further smoothing of the lidar
profiles has been performed as this can easily lead to
wrong results as the derivation of extinction coefficients
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from lidar is an ill-posed problem (Pornsawad
et al., 2008).

Intensive parameters derived from the lidar measure-
ments are the lidar ratio (LR), the colour ratio (CR) and
the particle linear depolarisation ratio (d):

LR kð Þ ¼ aaer kð Þ
baer kð Þ (1)

where aaer and baer are the aerosol extinction coefficient
[m�1] and aerosol backscatter coefficient [m�1 sr�1],
respectively. The LR also depends on size and shape of
the aerosol (slightly larger for small and non-spherical
aerosol, Doherty et al., 1999; Ferrare et al., 2001), but
mainly on the refractive index, i.e. the chemical compos-
ition of the aerosol and is large for soot and low for cir-
rus clouds.

The colour ratio

CR k1; k2ð Þ ¼ baerk1

baerk2
(2)

is a rough measurement of the size of the aerosol. For
very small particles, compared to the employed wave-
lengths, the Rayleigh limit holds true and the backscatter
is proportional to k�4. Contrary, for large particles (‘grey
approximation’) the backscatter becomes independent of
the wavelengths. Hence, when calculated for k1¼ 355 nm
and k2¼ 532 nm the colour ratio shows values between
approximately 5 (for small particles) and 1 (for
large ones).

The particle linear depolarisation ratio (PLDR) is
defined as

d kð Þ ¼ baer? kð Þ
baerk kð Þ (3)

where baer? and baer| are the aerosol backscatter coefficients
in polarisation planes perpendicular and parallel to the
laser, respectively. As spherical particles do not alter the
polarisation during a scattering event it holds baer? ¼ 0 for
them. Contrary, ice crystals in cirrus clouds can have a
depolarisation of d> 0.5 (Chen et al., 2002).

Surface radiation measurements at Ny-Ålesund are
operated in the frame of the Baseline Surface Radiation
Network (BSRN) (Maturilli et al., 2015), providing direct
radiation measured by a Kipp & Zonen CH51, while dif-
fuse, global and reflected radiation components are
recorded by Kipp & Zonen CMP22 pyranometers. The
longwave up- and downward radiation is measured by
Eppley PIR pyrgeometers. All radiation data is given
with a temporal resolution of 1minute (Maturilli, 2016).

Finally, on UT 10:48 a Vaisala RS-92 radiosonde was
launched, providing vertical profiles of temperature (T),
relative humidity (RH), pressure, wind speed and direc-
tion. The retrieved air number density has been applied
in the lidar evaluation.

The BB event started over our site on 9 July 2015, but
measurements with KARL were available first on 10
July. Air temperature was around þ10 �C at 2m above

Fig. 1. Aerosol backscatter coefficient on 10 July 2015 as recorded by the KARL lidar at 532 nm (colour-coded). White stripes
indicate excluded data due to multiple scattering.
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ground, and the surface was free of snow and ice. Fig. 1
gives an overview of the vertical aerosol backscatter coef-
ficient on that day (similar to Markowicz et al., 2016).
White stripes indicate excluded data due to multiple scat-
tering in the figure. Only the structures around 12 UTC
in 10–12 km altitude and between 14 and 22 UTC at
about 5 km altitude are clouds. This can be seen from the
colour ratio in Fig. 2 which shows small values (large
particles) for the clouds. All other features are BB aero-
sol. This aerosol occurs mainly below 4 km altitude in
distinct structures and shows backscatter coefficients of
more than 10Mm�1sr�1 for k¼ 532 nm. A clear transi-
tion between very polluted and relative clean air masses
below 4 km altitude before noon can be clearly seen.
Details on the origin of the event and its distribution in
time are described in Markowicz et al. (2016).

Exemplarily some lidar profiles for the time of the
radiosonde launch (UT 10:48) are shown in Fig. 3. The
clear, abrupt transition between very polluted and quite
clear conditions at about 3.5 km altitude is again evident.
Due to the high extinction coefficients of the event a
retrieval of the extinction coefficients from the Raman
shifted wavelengths was possible up to that altitude.

The (volumetric) backscatter and extinction coefficients
derived from the lidar data for the time of the launch of
the radiosonde are presented in Fig. 4. Again, the sharp
transition between polluted and clean conditions in about
3.5 km altitude is evident. Moreover, a layered structure
below about 2.1 km altitude is visible, while above that
no more layers but rising values with altitude are found.

Generally, the backscatter and extinction coefficients
are extremely high for the European Arctic. Ritter et al.
(2016) derived for 355 nm typical aerosol extinction
coefficients around 20Mm�1 for the generally more
polluted spring time in about 2 km altitude. Hence, this
event increased the backscatter and extinction coeffi-
cients roughly by a factor of 20. This extreme air pollu-
tion allowed a detailed analysis of the lidar data. It can
be also estimated from Fig. 4 that the noise in the
extinction coefficient at 532 nm (the weakest channel),
is around 20Mm�1 in 3 km altitude and hence the error
is below 10%, which is required for the derivation of
aerosol microphysics from lidar data (Veselovskii
et al., 2002).

The profiles of potential temperature and relative
humidity (RH) over water from the radiosonde meas-
urements are given in Fig. 5. The altitude of the (ele-
vated) temperature inversion in about 3.5 km coincides
precisely with the top of the aerosol plume in Fig. 4,
revealing how this inversion effectively traps the aerosol
and inhibits most vertical exchange. Moreover, several
moist layers were present up to 10 km altitude above
the range shown in Fig. 5. The aerosol rich altitudes
between 2.1 km and 3.5 km altitude are characterised by
an almost neutral potential temperature gradient, while
the RH increases from about 50% to 90% giving an
excellent opportunity to study any hygroscopic effects
of the aerosol. The local boundary layer was very low,
about 100m altitude, see blue curve in Fig. 4 and
Markowicz et al. (2016).

Fig. 2. Colour ratio derived from the wavelengths of 532 nm and 1064 nm as a rough indicator of the particles’ size.
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3. Description of the mathematical
inversion scheme

3.1. Mathematical preliminaries for the inversion

In this section, it is described how aerosol microphysical
properties are derived from lidar data. The model relating
the optical parameters C(k) with the volume size distribu-
tion v(r) is described by a Fredholm integral operator T
of the 1st kind

Tvð Þ kð Þ ¼
ðrmax

rmin

K r; k;mð Þv rð Þdr

¼
ðrmax

rmin

3
4r

Q r; k;mð Þv rð Þdr ¼ C kð Þ; (4)

where k is the wavelength, r is the radius, m is the com-
plex refractive index, C(k) denotes either the extinction or
backscatter coefficients, K is a kernel function and Q
stands for either the extinction or the backscatter (dimen-
sionless) Mie efficiencies respectively, i.e. the particle
cross sections divided by the geometrical cross section of
a sphere. The integral limits rmin and rmax are appropriate
lower and upper radii which are describing the specific
measurement event but have also to respect the restriction
of the physical model. Therefore, here for the lower limit
0.001 mm and for the upper one 2mm were used. This
upper limit was chosen, because sometimes in the calcula-
tions a mode in the transition between fine and coarse
around 1 mm has been found, hence our chosen upper
limit includes this mode without extending the calculation
interval too much. We will call this mode in the transition
region ‘coarse mode’ later for simplicity.

As the input data is provided by the KARL lidar, 5
discrete values of input data can be provided: the 3

backscatter coefficients at 355 nm, 532 nm and 1064 nm
and 2 extinction coefficients at the former 2 wavelengths.

Identifying C(k) as our measurement data and v(r) as
the unknown distribution, the problem reduces to the
inversion of the operator T. Knowing the volume size dis-
tribution, we can then extract the following microphys-
ical parameters:

� total surface-area concentration st¼ 3
Ð vðrÞ

r dr (mm2 cm�3)
� total volume concentration vt ¼

Ð
v rð Þdr (mm3 cm�3)

� effective radius reff ¼ 3 vt/at (mm)
� total number concentration nt¼ 3

4p

Ð vðrÞ
r3

dr (cm�3).

In addition, the complex refractive index m¼mR þ i
mI with the real part Re(m)¼mR and imaginary part
Im(m)¼mI as well as the single scattering albedo (SSA)
in 355 nm and 532 nm are retrieved. Note that in this
work the common assumption of wavelength independent
refractive index is made, as a member of the predefined
grid introduced see Fig. 6. In detail, the determination of
the refractive index is not uniquely. All possible refractive
indices are lying on a ‘diagonal’ pattern. Selecting the
best points on the diagonal with respect to least residual
error and with similar volume size distribution results in
a mean refractive index, which is used to calculate a
mean SSA as usual. Solving the above integral equation
requires discretization, regularisation and a parameter
choice rule, see e.g. B€ockmann et al. (2005), Samaras
et al. (2015) and M€uller et al. (2016).

In order to solve the Fredholm equation, a grid (Fig.
6) of viable options for the refractive index, i.e. all combi-
nations of real parts and imaginary parts of the refractive
index jRe(m)j x jIm(m)j is assumed otherwise we have to
deal with a non-linear problem. We discretized the

Fig. 3. Exemplary lidar profiles in for the elastic (left) and inelastic scattering (right) for the time UT 11:48, contemporary to
the radiosonde.
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Fredholm equation with spline collocation, a method well
suited for our case since the optical data are only given
in specific wavelengths and additionally it reduces the
computational effort. The volume size distribution v(r) is
approximated with respect to the B-spline functions Uj by
vn ¼

Pn
j¼1 bjUj, reducing the problem to the determin-

ation of the coefficients bj. B-spline functions, polyno-
mials of degree d-1 with compact support, are very
favorable with respect to low numerical effort. The con-
tinuous integral problem is now replaced by a discrete
one Ab¼C, where the matrix elements of the linear sys-
tem are

Aij ¼
ðrmax

rmin

K ki; r;mð ÞUj rð Þdr: (5)

By doing so, we have already projected our problem to
a finite n-dimensional space. Clearly, the decision about
the projected dimension n and the order d, degree of pol-
ynomials plus one, of the base functions Uj is critical,
since an appropriate representation of our solution
strongly depends on it. This is not done at once; on the
contrary, the algorithm constructs a linear system (5� n)
for each value of n and d specified and every refractive
index within our predefined grid. For example, we first
fix the refractive index and calculate the kernel functions,
then decide for candidates of n and d, e.g. n¼ 5, … , 8
and d¼ 3,4 which define a B-spline function and finally
calculate the matrix elements Aij. For more particular
details on the B-spline basis in the frame of a non-nega-
tive size distribution we are looking for, see
B€ockmann (2001).

Each linear system is solved by first expanding the
matrix using Singular Value Decomposition (SVD).
Potential noise in our matrix will be magnified as a result
of the singular values clustering to zero. We would like to
prevent this behavior by including only a part of the

SVD, i.e. defining a certain cut-off level k, below which
the noisiest solution coefficients are filtered out. This
regularisation procedure is known as the Truncated SVD
(TSVD), see B€ockmann (2001). The parameter choice
rule consists of selecting an appropriate triple (n,d,k)
heuristically.

It is now clear that the solution space created by our
algorithm is quite huge consisting of jnj x jd jx jkj x
jRe(m)j x jIm(m)j solutions overall, where j.j denotes
the amount of different values of the specific parameter.
The solution space is restricted in the following way:
For every specific refractive index, the best triple (n, d,
k) is picked in terms of least residual error (forward
calculation with v(r) and comparing the difference of
received and measured coefficients), and the resulting
solution grid is presented with a log-colour scale rele-
vant to the error magnitude. This visual representation
is very convenient for the post-processing procedure. At
this point we are able to screen 3 solution spaces with
respect to different error types (so called mathematical
measures or norms, respectively): the 2- Euclidian norm
of (i) the absolute or (ii) the relative error and (iii) the
maximum norm of the relative error. We end up using
both relative types of the error measure, i.e. (ii) and
(iii). Finally, only a few solutions (10–25) are averaged
to produce the mean microphysical properties and a
deviation bar from the mean is given, Samaras
et al. (2015).

The retrieval by TSVD was first done with a refractive
index grid with a resolution of 40x40 points and a range
for the Re(m) from 1.3 to 1.8 and for the Im(m) from 0
to 0.05, see Fig. 6 (second row). We found that the best
possible refractive indices lay on a diagonal pattern what
is an indication of precise measurements in agreement
with investigated simulations, see M€uller et al. (2016).
The best points are situated in a particular range (cluster)

Fig. 4. Profiles of the aerosol backscatter coefficient (left) and the aerosol extinction coefficient (right) for the time of the launch of
the radiosonde.
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for the real and imaginary part. Therefore, the retrieval was
done a second time on those ranges with a grid resolution
of 20x20 points, see Fig. 6 (first row). As already mentioned
before, the best points are lying in a connected cluster with
quite the same retrieved volume size distribution and with
least residual error with respect to one selected norm. This
approach was already used successfully for other measure-
ments events see, e.g. Hoffmann et al. (2012), Samaras et al.
(2015) and Ortiz-Amezcua et al. (2017).

We explicitly indicate that the inverted function shape
(curve) of the volume distribution is free during the
retrieval procedure, i.e. no previous restriction is used. In
spite of this fact, very often a log-normal shape of the
volume distribution (mono-, bi- or multimodal, respect-
ively) was found. Therefore, the commonly assumed
log-normal shape seems to be often true, i.e. the number
distribution is a log-normal distribution, too. This prop-
erty is also true for the surface-area distribution. All three

Fig. 5. Radiosonde profiles on 10 July 2015 of potential temperature (blue) and relative humidity over water (red) from a RS-92
sonde on 10 July, 2015.

Fig. 6. First row: Inversion results for layer 2 (1717–1777 m). Left, centre, right: (20 × 20)-grid of refractive index RI at 10:48 UTC,
(20 × 20)-grid of RI at 12:07 UTC, retrieved volume distribution at 10:48 UTC. Second row: Inversion results for layer 3 (2166–2436 m).
Left, centre, right: (40 × 40)-grid of RI at 10:48 UTC, (40 × 40)-grid of RI at 12:07 UTC, retrieved volume distribution at 12:07 UTC.

MICROPHYSICAL PROPERTIES AND RADIATIVE IMPACT 7



distribution types have the same geometric standard devi-
ation (gsd). Therefore, if the retrieved volume distribution
is a bimodal one similarly to two log-normal shapes, we
separated the inverted distribution by fits into two modes
(fine and coarse mode) by using two log-normal distribu-
tion shapes such that the sum of both modes fits the
retrieved volume distribution well, see Fig. 6, on the
right. Finally, we determined all microphysical parame-
ters for the complete retrieved volume distribution as well
as for the two modes separately.

3.2. Selection of measurement times and appropriate
particle layers

The inversion of the microphysical aerosol properties was
done at two different times: at 10:48 UTC (contemporan-
eous to the radiosonde for valid humidity measurements)
and at 12:07 UTC to evaluate if the selected aerosol par-
ticle layers are stable or not. We note that other remote
sensing devices at the site do not see any changes in the
meteorological conditions between 11 and 12 UTC. Five
layers were selected for the derivation to some particu-
lar rules.

The main criterion was to find layers with different
relative humidity (RH) and otherwise homogeneous
intensive quantities, as lidar ratio, colour ratio and
Ångstr€om exponent to infer how the aerosol microphys-
ical properties are changing with humidity.

The first layer 1 was selected from 1537 to 1597m alti-
tude with thickness 60m and humidity of 62–65% and
quite high lidar ratios of 30.5 sr and 65 sr for 355 nm and
532 nm, respectively. The second layer 2 is in the altitude
range 1717 to 1777m, with similar relative humidity of
64–65%, high values of backscatter but lower lidar ratios

(21.5 sr and 47 sr). The third layer 3 has the lowest RH of
50–55% and is vertically most extended (270 m) ranging
from 2166 to 2436m. The fourth layer 4 is 120m thick
with a RH of 80–85%, in the altitude range 3186–3306m.
The highest layer 5 has the largest RH of 90–92% and
ranges from 3366 to 3426m. The selected layers are
shown in Fig. 7. Overall the LR(532 nm) values are in
agreement with M€uller et al. (2007b) for Arctic haze and
Canadian forest fire smoke.

The lowest layer 1 has the largest depolarisation ratio
8–10% for 355 and 532 nm, therefore it is not sure if the
spherical particle model may be assumed. Nevertheless,
we inverted the layer with the spherical model. It is an
ongoing work to evaluate the layer within a spheroidal
model, see B€ockmann and Osterloh (2014). For this rea-
son, we could not invert data below 1500m altitude here.
All other layers have depolarisation ratios well below 6%
for 355 and 532 nm (except layer 3 for 532 nm on average
7.4%) and the spherical model may be assumed, see Fig.
8. Moreover, in layer 4 and 5 the humidity is 84 and
91%. The particles may take up more water and should
be, therefore, more spherical which correlates with the
decreasing depolarisation.

4. Results

4.1. Optical properties derived by lidar

In this section the hygroscopicity of the aerosol is
studied. For this purpose, the lidar ratio (LR), the colour
ratio (CR) and the depolarisation (d) are given as func-
tions of the relative humidity for the launch time of the
radiosonde (one profile averaged from 10:48 till 10:59).

Fig. 7. Selection of the layers (vertical dotted lines) in terms of the lidar ratios (left), RH and aerosol backscatter coefficient (right)
(Data for 10:48 UTC).
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First, the LR at k¼ 355 nm and 532 nm is again given
in Fig. 9, now as a function of relative humidity. We div-
ided the profile in two intervals: below and above 2.1 km,
and found generally more homogeneous particle proper-
ties above. This coincides to the atmospheric stability
described by the potential temperature profile in Fig. 5,
with stable conditions below and neutral conditions
above 2.1 km altitude. The LRs for both wavelengths are
similar to values found by Ritter et al. (2016) for Arctic
Haze. Interestingly, no clear change of LR with increas-
ing humidity can be seen. A possible uptake of water by
BB aerosol should decrease the refractive index and
increase the particle size. Probably also the shape may
become more spherical if the aerosol takes up some
water. All these effects should influence the LR. For
example, Ackermann (1998) estimated the dependence of
LR on humidity also using Mie theory and prescribed
aerosol properties (dry radii and refractive index) and
found an increase of LR in more moist conditions for
soluble aerosol. However, the LR seems to be consider-
ably independent from the relative humidity in our study,
resembling more the ‘desert aerosol’ case of
Ackermann (1998).

In Fig. 10 in a similar fashion the colour ratio is plot-
ted as a function of relative humidity. ‘355/532’ refers to
the CR of these two wavelengths, while ‘532/1064’ refers
to the colour ratio of the longer wavelengths, which is
more sensitive to the larger particles. (The reason for this
is that in the scattering efficiency the size parameter, par-
ticle circumference divided by wavelength, is decisive, e.g.
van de Hulst, 1981). So, from Fig. 10 it is evident that
the larger particles which are best visible in the 532/1064
CR are non-hygroscopic up to 90% relative humidity,

while the smaller particles, which are best visible in the
355/532 CR, show a slightly increased variability in the
lowest 2.1 km of the atmosphere and seem to increase in
diameter at about 80% RH. Overall, however, the aerosol
seems more hygrophobic than the common Arctic aerosol
species as sulphate and sea salt, which start to increase
their diameter by water uptake already at humidities of
RH >55% (Zieger et al., 2010, 2011).

It is difficult to judge to what extent the depolarisation
is influenced by the relative humidity, as d decreases
strongly with altitude (Fig. 8, previous section). The small
decrease of d in around 1.85 km altitude is probably not
correlated to a local maximum in RH as this occurs
already 200m lower with only 67%. Above 2 km altitude,
in the region of increasing RH the depolarisation drops
moderately from slightly over 6% to 3% for 532 nm.
Hence it seems as if the particles become slightly more
spherical in a moister environment, but as particle growth
is only evident at RH >80% (which is above 3.15 km alti-
tude where d< 2.8%) the overall conclusion is that the
BB aerosol is generally hydrophobic and we only expect
above 80% RH for the layers 4 and 5 a change in the
microphysical properties (change from ‘dry’ to ‘wet’).

4.2. Inversion of lidar data

All five above defined layers were inverted with respect to
data at t1¼ 10:48 and t2¼ 12:07 UTC. Relative humidity
data are additionally available, as already mentioned
before, for the earlier time. All microphysical retrievals
are given in Tables 1 and 2. During the time span
between t1 and t2, layer 2 was most stable (Tables 1 and
2 and Fig. 11 right side). Moreover, Fig. 11 (right side)

Fig. 8. Aerosol depolarisation at 355 nm and 532 nm and relative humidity (black line) for comparison.
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also shows that layers 3 and 4 were also quite stable. In
layer 3 mostly the refractive index is varying but still
within a range that is about the uncertainty in its retrieval
(about 0.02 in the real and 0.005 in the imaginary part,
see Fig. 6), whereas in layer 4 the total surface-area con-
centration varies most.

The layers 1 and 5 are instable during this time frame.
Therefore, we concentrate in more detail on the evalu-
ation of layers 2–4.

Only briefly, at 10:48 UTC layer 1 shows a bimodal
distribution which disappears more or less completely at
12:07 UTC, see Fig. 12 (first row). This variability in the
size distribution might be a consequence of a decreasing
lidar ratio (from 65 sr/30 sr for 355 nm and 532 nm
respectively at 10:48 UTC to 42 sr/20 sr at 12:07 UTC).
Hence this altitude interval may not belong to the same
layer. Moreover, we cannot rule out an artefact due to
the high depolarisation. Nevertheless, using Mie theory
the easiest way to explain the relative high lidar ratios at
10:48 UTC is by the assumption of a second (larger)
mode in the size distribution.

Layer 5 behaves similar to layer 1 but less pronounced.
The second mode is smaller as before; see Fig. 12 (second
row). For layer 5 the lidar ratios hardly change; for both
times we got 45 sr at 355 nm and 25 sr for 532 nm.

Layer 4 was already investigated in detail by
B€ockmann et al. (2017); therefore, we give only the
retrieved microphysical properties in Tables 1 and 2.

Next, we are going to evaluate the stable layers 2 and
3 in detail, see Fig. 6, previous section. The refractive
index grids show prominent diagonals for both layers and

times. Concerning layer 2 for both times the second
(20� 20)-grids, i.e. restricted in terms of ranges for real
and imaginary parts of m are given whereas for layer 3
the first (40 � 40)-grids are presented. The first grids show
much better the thin diagonals. The diagonal pattern indi-
cates a stable inversion procedure in line with our expertise
in simulation studies. All four refractive index grids in Fig.
6 present the maximum norm of the relative forward error.
The volume distributions for both layers are changing only
a little bit during the time segments, therefore, only one
graph per layer is given in Fig. 6.

Both volume distributions have two modes a fine and
a coarse mode although the coarse mode is only
weakly pronounced.

Evaluating the hygroscopic growth at 10:48 UTC we
found for the layers 2–5 the following effective radii:
0.32, 0.22, 0.45, 0.45 mm, see also Fig. 11 (first row, left
side). This correlates with the RH (65, 53, 84 and 91%)
as well as with the particle linear depolarisation ratio
(5.8, 2.6 and 2.3) for layers 3–5. As one notices the radius
does not increase further from layer 4 to 5. However, the
effective radius (fineþ coarse) shows the hygroscopic
growth with respect to layers 2–5 most obviously (0.37
mm, 0.25 mm, 0.42 mm, 0.46 mm). Moreover, the colour
ratio for layers 2–5 (2.55, 2.85, 2.69 and 2.38) is also
quite good in agreement with the hygroscopic growth of
the effective radii except for layer 4 where the value is
too big.

The hygroscopic growth is confirmed by the refractive
index; see again Fig. 11 (left side, second row). The mean
real parts of m for layers 2–4 are 1.49, 1.55 and 1.48

Fig. 9. The lidar ratio as function of the relative humidity for lidar data contemporary to the radiosonde (10:48 – 10:59 UTC).
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which is in agreement with the RH and points out that
the particles take up water. The imaginary part of m has
always the largest uncertainties during the retrieval pro-
cedure, see M€uller et al. (2016). The error bars are large
(standard deviation of all selected values from the mean
value). The mean imaginary parts of m for layers 2–4 are
0.005, 0.013 and 0.007, respectively. This is still in agree-
ment with the RH under consideration of the devi-
ation bars.

4.3. Inversion results including the photometer data

To obtain overall height averaged aerosol properties and
to check for consistency we included the AOD of the 9
aerosol devoted wavelengths from the photometer in the
inversion software. For this, we averaged the lidar data
in the interval [1500 m … 3500 m], which is the complete
height interval in which Mie theory should be a valid
assumption and thick BB aerosol is present. Next, we
estimated from the lidar, which fraction of the extinction
should be located in this interval. As in the Arctic the
sun-photometer and the lidar (close to zenith) do not
point into the same direction the sporadic existence of the
high cirrus in 11 km at 12 UTC in Fig. 1 introduced
some uncertainty, see Fig. 13. If the photometer had not
seen any cirrus the AOD fraction in the interval of inter-
est would have been too high (and vice versa, see Fig.
13). Thus, we could estimate the probable cloud contam-
ination in the photometer that matches to the lidar.

Two more inversions of the aerosol microphysics have
been performed. First, we only used lidar data (case 1)
for the whole layer of 2000m from 1500 to 3500m alti-
tude. Second, we evaluated jointly lidar and photometer
data (case 2), see Tables 1 and 2 last two rows for the
column microphysical properties and Fig. 14 for the vol-
ume distributions.

With respect to case 1 we found: Although the layers 1
and 5 were variable during the two measurement times,
the whole column (2000 m) is stable, see the volume dis-
tributions in Fig. 14 (first row). The microphysical
parameters for 10:48 and 12:07 UTC (in brackets) are:
mR¼1.5 (1.5), mI¼ 0.01 (0.01), reff¼ 0.46 (0.47)mm,
st¼ 464 (464) mm2/cm3, vt¼ 71.8 (72.0)mm3/cm3, nt (fine
mode)¼ 367 (374) cm�3 and nt (coarse mode)¼ 3.4 (3.3)
cm�3. This is actually noteworthy and shows the stability
of the retrieval procedure during stable meteorology con-
ditions with respect to this event.

Concerning case 2 with respect to the two time frames
the volume distributions look in principle qualitatively
stable, see Fig. 14 (second row). The microphysical
parameters deviate more or less for the complete inverted
volume distribution, see Tables 1 and 2. However, com-
paring the fits of fine and coarse mode in detail this
results in tolerable values. For the fine mode it yields:
reff¼ 0.36 (0.30) mm, st¼ 383 (388) mm2/cm3, vt¼ 44.0
(39.1) mm3/cm3, nt¼ 769 (1248) cm�3. For the coarse
mode we found: reff¼ 1.26 (1.44) mm, st¼ 22.3 (23.0) mm2/
cm3, vt¼ 9.2 (9.2) mm3/cm3, nt¼ 1.5 (1.8) cm�3. For the
fine mode, the determination of the total number

Fig. 10. Colour ratios in 355/532 and 532/1064 as function of the relative humidity for lidar data contemporaneous to the radiosonde.
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concentration is always a challenge since very small par-
ticles have a huge effect on it.

The information content of the sun photometer data
matches more or less to both lidar measurement times with
respect to the effective radius, total surface-area and volume
concentration. But the retrieval of the refractive index is dif-
ferent at both times and it seems to fit better to 10:48 UTC.

It is also interesting to compare the results for the
cases 1 and 2 at 10:48 UTC. Having in mind the different
viewing direction of the photometer the following results
are acceptable comparing case 1 and 2: mR¼ 1.5 (1.58),
mI¼ 0.01 (0.009), reff¼ 0.46 (0.44)mm, st¼ 464 (363) mm2/
cm3, vt¼ 71.8 (52.8)mm3/cm3, nt (fine mode)¼ 367 (769)
cm�3 and nt (coarse mode)¼ 3.4 (1.5) cm�3.

Finally, we are going to compare the SSA. In face of
the microphysical properties within tolerable limits for
cases 1 and 2 the SSA is in a good shape. We found for
case 1(10:48 UTC), case 1(12:07 UTC) and case 2(10:48

UTC): SSA (355 nm)¼ 0.888, 0.885 and 0.899 or
SSA(532 nm)¼ 0.920, 0.918 and 0.920, respectively. This
result is remarkable as it shows some constant absorbing
fraction within the aerosol layer without evident uncer-
tainty of the inversion process.

4.4. Radiative impact

In this section we follow ideas of Bush and Valero (2003)
or Markowicz et al. (2008) and analyse the radiative
impact, both the aerosol radiative forcing and the aerosol
modification factor AMF of the BB event in dependence
on the AOD. This radiative impact can easily be seen by
comparing the surface radiation values for the event day
(10 July, 2015) with a clear air background day (10 July,
2016). Due to the fact that 2016 was a leap year there are
slight differences between the event and background day
in solar declination (< 0.25�) and solar culmination

Fig. 11. First row: Comparison of effective radii. Left: Effective radii (fine, fine+coarse and complete inverted) for the five
investigated layers with different relative humidity at 10:48 UTC, showing the hygroscopic growth. Right: Comparison of the inverted
effective radius and surface-area concentration for the five layers at two different times: 10:48 UTC and 12:07 UTC, showing the
stability of the parameters. Second row: Comparison of the real and imaginary part of the refractive index. The error bar represent the
standard deviation from the mean value.
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(< 1minute). The difference in solar declination has been
neglected. Also, we neglect the slightly higher humidity
on the event day (3.5 cm water column, compared to

1.5 cm on the background day, retrieved from radiosonde
profiles, respectively). In Fig. 15, the normalised direct
and diffuse solar radiation as well as the downward

Fig. 12. Retrieved volume distribution and log-normal fits for fine and coarse mode.

Fig. 13. Integrated aerosol extinction in a layer [1500 m …. 3500 m] from the lidar (black diamonds) and photometer AOD for that
interval for different assumptions on cloud contamination.
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Fig. 14. Size distribution for the whole evaluable layer from 1500 m to 3500 m altitude, above: only lidar (3 backscatter and two
extinction coefficients), below: lidar and photometer, hence in total same 3 backscatter and 2 + 9 extinction coefficients.

Fig. 15. Comparison between (incoming) radiation components: direct and diffuse solar and longwave downward radiation for the BB
event (10 July, 2015) and a clear background day (10 July, 2016).
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longwave radiation is shown. For the calculation of the
aerosol radiative forcing and the AMF, all data points
have been considered for which (a) the AOD of the event
was larger than 0.5 at 500 nm, (b) the AOD of the back-
ground was smaller than 0.05 at 500 nm, (c) the
Angstr€om exponent (as a fit through all sun photometer
AOD values) of the event was smaller than –1.4 (meaning
that AOD is proportional to k�1.4, hence no cloud con-
tamination of the event day) and (d) the difference in the
net longwave flux between event and background day
was smaller than 25W/m2. These four conditions guaran-
tee that the background is neither aerosol nor cloud influ-
enced and that data from the event day does not contain
cloud contamination. It can be seen that the BB event
reduces the direct radiation strongly by roughly a factor
of 2. Part of this is compensated however by an increase
of diffuse radiation. Also, the longwave downward radi-
ation is increased slightly by about 20%. Such a behav-
iour is expected as the aerosol blocks or scatters part of
the (incoming) downward solar radiation and also reflects
some of the upward terrestrial longwave radiation back
to the surface.

In this work, we define the aerosol radiative forcing DF
as the difference in net total radiation fluxes F between dis-
turbed (aerosol event) and undisturbed (clear air back-
ground) for perpendicular incidence on the surface:

DF ¼ Faer
net � Fbackg

net (6)

with

Fnet ¼ F# � F" ¼ F#
SW � F"

SW þ F#
LW � F"

LW (7)

where SW and LW represent the broad shortwave

(200 nm to 3600 nm) and longwave (4mm to 50mm) radi-
ation, and the arrows " upward (outgoing) and # down-
ward (incoming) radiation, respectively.

Further, we define (similar to the cloud modification
factor) an aerosol modification factor AMF as the ratio
of polluted versus clear irradiances on a horizontal plane:

AMFSW ¼ Faer
global

Fbackg
global

(8)

However, the downward longwave radiation strongly
depends on the upward longwave radiation which itself is
a function of the surface temperature. Hence, aerosol (or
cloud) radiative effects become better understandable if
the net longwave radiation for the aerosol and back-
ground case is considered. Thus, we define:

AMFLW ¼ Faer
LW;#� Faer

LW;"
Fbackg
LW;# � Fbackg

LW;"
(9)

The results are given in the Figs. 16–18. First in
Fig. 16 the shortwave AMF is given as a function of
AOD for the BB aerosol event. A non-linear decrease
with AOD can be seen. For an AOD (at 500 nm) of 1 the
global radiation drops to about 74% of the clear sky
case. For low solar altitudes even less radiation reaches
the surface and the radiative impact seems to be higher,
hence only solar elevations >25˚ above the horizon have
been considered. To understand this behaviour we chose
an approach which considers an exponential decrease
simply from the Lambert’s law and a brightening due to
multiple scattering, as the photometer’s AOD with its
small field of view of 1˚ hardly is affected by multiple

Fig. 16. Aerosol modification factor for shortwave (global) radiation as a function of AOD.
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scattering. This is clearly different for the hemispheric
radiation as can be seen in the increase of the diffuse
radiation in Fig. 15. Therefore we write:

AMFSW ¼ exp � c �AODð Þ � 1þ c � AOD2
� �

(10)

Where c translates the effective spectral sensitivity of the
shortwave Kipp & Zonen sensors to the AOD at 500nm,
and c describes the effectivity of the multiple scattering. We
found c¼ 0.35 and c¼ 0.05. This fit is given by the solid
black line in Fig. 16. The dotted line artificially sets c¼ 0
and hence neglects any multiple scattering.

The longwave AMF is given in Fig. 17. Here the radia-
tive impact is overall lower, as the AOD decreases with
wavelength (Markowicz et al., 2016). Lower solar eleva-
tions result in less incoming radiation, so again only solar
elevation >25˚ have been used and with the same
approach as before we derive

AMFLW ¼ exp � 0:22 �AODð Þ � 1þ 0:07 � AOD2
� �

(11)

So effectively in the infra-red the optical thickness of the
aerosol plume is only 22% of the AOD at 500nm and the
multiple scattering seems to be slightly higher than before.

In Fig. 18, the aerosol forcing is given, both from the
observations (thick bullets, dots and diamonds) as well as
from the fits of the AMF for long- and shortwave as
described above (thin dotted lines). As expected (Anton
et al., 2014) the forcing is positive in the infra-red as a part
of the outgoing longwave radiation is reflected back to the
surface. Contrary, in the visible the forcing is strongly nega-
tive, as the solar radiation is dimmed. Interestingly, an

almost linear relation between the forcing and the AOD has
been found. This is in agreement to some previous studies
on desert dust (Bush and Valero, 2003; Anton et al., 2014).
Approximately we obtain a forcing of –117.1 W/m2/þ21.8
W/m2/–95.3 W/m2 for the shortwave, longwave and total
forcing per unit AOD 500, respectively. However, we note
that there is no physical reason for such a linear behaviour.
Instead the thin dotted functions are calculated via our
approach of the exponential attenuation modified with a
brightening caused by multiple scattering. Hence our forcing
efficiencies DE which are the derivative of the forcing
with respect to AOD are given via our values of c and c
above:

DESW ¼ 1�að Þ � exp �0:35 �AODð Þ�
�0:35þ 0:1 �AOD�0:0175 �AOD2
� �

(12)

and

DELW ¼ exp �0:22 �AODð Þ�
�0:22þ 0:14 �AOD�0:0154 �AOD2
� �

(13)

where a is the albedo (in our case a¼ 0.14, slightly decreas-
ing with increasing solar elevation) and the relation

F"
SW ¼ a � F#

SW hence Fnet
SW ¼ 1�að Þ � F#

SW (14)

has been used.
Finally, the aerosol forcing can expressed analytically

via the forcing efficiencies:

DF ¼
ðsmax

0

DESW þ DELW ds (15)

Fig. 17. Aerosol modification factor for longwave (global) radiation as a function of AOD.
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Hence, the definition of the aerosol modification fac-
tors and the efficiencies allowed us to derive the aerosol
forcing directly from observations. For more common
BB events with AODs of 0.05 at 500 nm a radiative forc-
ing of –5.7W/m2 was obtained by Eq. 15 employing the
above-mentioned parameters.

5. Discussion

In this work, the microphysical properties and the hygro-
scopic growth of aerosol particles has been analysed by
remote sensing data, especially by lidar. Such an attempt
has recently also been published by Haarig et al. (2017)
in a case for sea salt aerosol. As we did here, those
authors also found a clear relation between relative
humidity and aerosol properties derived by lidar.

Generally, BB events occur more frequent during sum-
mer season during which in Ny-Ålesund snow is melted
away and dark tundra ground is visible. Under this con-
dition (low surface albedo) the aerosol forcing might be
more negative and not typical for ice covered regions.
However, our albedo (�0.15, dark tundra) is similar to
the Arctic Ocean during summer (for large solar zenith
angles); hence our results on forcing should be valid for a
larger region.

As this event was so strong, with AOD values up to 20
times higher than the summer mean for this site (Stock
et al., 2014), possible effects of background aerosol of
marine origin can completely be neglected, and the radia-
tive effects can be attributed to the biomass burning event
only.

The aerosol microphysics of this event showed some
remarkable features: first, the depolarisation (non-spher-
icity) increases towards the ground. Recently Moroni
et al. (2017) analysed in-situ data of the same BB and
found event from a ground station in Ny-Ålesund and
indeed showed a complex morphology of the aerosol par-
ticles. Based on our depolarisation profiles we showed
that above 1.5 km altitude the particles must have been
more spherical in shape, so an inversion of the lidar data
using Mie theory seems justified. Moreover, a separation
regarding the aerosol properties can be found in 2.1 km
altitude. Below that, in thermally stable conditions, a
larger variation in particle properties has been found.
Below 2.1 km altitude frequently a wind shear is seen
over Ny-Ålesund (Maturilli and Kayser, 2017). At 11
UTC indeed a slight change of wind direction from NE
(below) to SE (above) 2.1 km is visible in the radiosonde
and the wind lidar profiles. Hence, although above Ny-
Ålesund the temperature profile indicates thermally stable
conditions it cannot be ruled out that particles had been
in contact with the surface before their advection.

Above 2.1 km the intensive quantities like lidar ratio
and the colour ratio, and also the backscatter enhance-
ment (not shown here), are monotonous functions of the
relative humidity. However, up to values of 80% relative
humidity no hygroscopic growth is apparent.

The hygroscopicity of BB aerosol seems to increase sig-
nificantly with its inorganic mass fraction and decreases
by photochemical aging (Engelhart et al., 2012). Here, we
can state that the BB aerosol clearly showed less hygro-
scopicity than results for background and Arctic Haze

Fig. 18. Aerosol forcing as a function of AOD.
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conditions at the Ny-Ålesund as these aerosol types typic-
ally start hygroscopic growth already around RH of 50%
(Zieger et al., 2010, 2011). Instead, it is reasonable that
the BB aerosol observed in the event is aged and has a
low inorganic fraction considering its intensity and origin
from North America (Markowicz et al., 2016).

The derivation of the microphysical properties via the
inversion technique gave overall results concerning the
size which are in accordance to literature: For BB aerosol
older than about 10 days, effective radii above 0.2mm are
expected (Wandinger et al., 2002; M€uller et al., 2007a)
which should slowly increase in time. As these studies
could not analyse the possible effect of changing RH we
included the integrated inversions of the whole layer, with
and without consideration of the photometer AOD. Our
effective radius of 0.45 mm can be understood by two rea-
sons: the sporadically occurrence of a coarse mode
around 1 mm at high lidar ratios (and high depolarisation
values) and by the clear hygroscopic growth above 80%
RH. The existence of many particles on the transition
between accumulation and coarse mode has also been
found by Moroni et al. (2017) on the surface, hence our
result are feasible even if an effective radius larger than
0.4 mm is large for the site (Tunved et al., 2013).

An easy model of hygroscopic growth of the aerosol
effective radius was not found, however.

A similar approach for determining the hygrocopicity
of aerosol in China, in a well-mixed boundary layer, has
recently been published by Lv et al. (2017). These authors
compared the backscatter enhancement (ratio between
backscatter at humid versus dry conditions) also to
humidity by a contemporaneous radiosonde and found
that it roughly follows the Kasten power law (Kasten,
1969). Applying our derivation of aerosol effective radius
from the inversion enabled us to verify that in the event
case the aerosol size is not a power law of the humidity
(Table 1). A reason could be that due to the orography
the aerosol below 2.1 km altitude had experienced differ-
ent processes.

The derived refractive indices are in fair agreement to
literature (Wandinger et al., 2002), although the difficult
to determine imaginary part is lower in our case.
However, we saw the tendency that the refractive index
decreases slightly in the most humid layers, which
seems reasonable.

The values for the single scattering albedo are low and
quite stable over time. They indicate a significant contri-
bution of elemental carbon in the event.

Concerning the measured radiative impact (section 4.4)
we note that our definitions of aerosol forcing and forc-
ing ratios (similar to aerosol or cloud modification fac-
tors) are defined at the surface, where the measurements
are available. This approach is in agreement to other

observational work (e.g. Bush and Valero, 2003).
Contrary, modelling studies sometimes calculate the forc-
ing at the tropopause where the disturbance is injected in
the troposphere and held fix until the stratosphere
reaches equilibrium again (Schulz et al., 2006 and referen-
ces therein).

It was shown that global solar radiation and the long-
wave balance (down – up) decreased, while the diffuse
radiation increased. The radiation impact of this BB aero-
sol was almost linear in AOD. The probable reason for
this is that the exponential decrease of radiation due to
Lambert’s law is partly compensated by an increase in
multiple scattering. This can be seen in an increase in dif-
fuse radiation in the polluted day and points to a differ-
ent behaviour between the photometer (with small field-
of-view) and hemispheric radiation sensors. We saw that
the forcing, and the aerosol modification factors, depends
on solar elevation. For our case with solar elevation >25˚
(Arctic summer, noon) and surface albedo of 0.14 we
obtained large and negative net forcing, which means a
pronounced cooling of about –95 W/m2 per unit
AOD500. Recently, Lisok et al. (2018) used MODTRAN
simulations for this same event and came up with a direct
aerosol forcing of –78.9 W/m2 for AOD ¼0.64 at the sur-
face, and a lower but still significant negative forcing at
the top of atmosphere, in good agreement to our
measurements.

6. Conclusions

The main finding of this work can be summarised
like this:

� The aerosol particle microphysics varied with altitude
(depolarisation, 2.1 km ‘border’) with a distinct sep-
aration at 2.1 km due to orographically related
wind shear

� In the altitude range between 2.1 and 3.4 km we
found an excellent opportunity to study the hygro-
scopic growth of aerosol. However, growth occurred
only at humidities above 80% and did not follow the
simple Kasten model.

� The BB aerosol showed lidar ratios around 26 sr at
355 nm and 50 sr at 532 nm independent of the RH

� Parameters derived from a mathematical inversion
are in fair agreement to previous studies. The slightly
larger diameters, low single scattering albedos and
low hygroscopicity could be explained by aged par-
ticles with high elemental carbon fraction and low
inorganic component. Our derived refractive indices
are slightly lower than previously derived, especially
for the imaginary part and decreased slightly further
in case of water uptake.
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� By comparison of radiation data of the event to a
background day we found an almost linear depend-
ence of forcing to AOD with a high –95 W/m2 forc-
ing per unit AOD500.
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